
Master’s thesis
Master’s programme in Atmospheric sciences

Meteorology

Model-simulated present-day distributions and projected
future changes in top-of-the-atmosphere radiation fluxes

and surface energy budget

Anni Kröger
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1 Introduction

Several studies (see for instance [Collins et al., 2013, Räisänen, 2016]) of Earth’s current and

model simulated future climate suggest that human activities and consequent increases in the

atmospheric greenhouse gases increase the top-of-the-atmosphere energy imbalance, causing

global warming. From the perspective of Earth’s energy budget, alterations in the energy

fluxes at the top of the atmosphere drive changes in the climate system, and the resulting

changes in the components of the surface energy budget modify and contribute to the pattern

of surface warming. Various feedbacks, related to for example changes in atmospheric water

vapor content, ice/snow cover or cloudiness, alter the fluxes of energy.

The purpose of this study is to use the energy balance approach to better understand the

basic physical mechanisms of climate change, and to gain useful information about the climate

system’s simulated response to increases in greenhouse gas emissions and concentrations. We

study how the changes in the top-of-the-atmosphere radiation balance and the surface energy

budget are related to the near-surface air temperature change, and we discuss whether they

are related directly and/or through feedback mechanisms. By studying the changes in the

components of the surface energy budget, in addition to the top-of-the-atmosphere radiation

fluxes, we can get valuable information on the climate model simulated changes in surface

climate and in the lower atmospheric layers.

In this thesis, we analyse the climate model simulated future global and annual mean changes

in the top-of-the-atmosphere radiation balance and the surface energy budget, along with the

change in near-surface air temperature and cloud cover. We use data for 23 models in the

fifth phase of the Coupled Model Intercomparison Project [Taylor et al., 2011] and study the

multimodel means for each variable with two averaging periods: a baseline period of 1981-2010

for the simulated current climate, and a comparison scenario period (RCP8.5, Representative

Concentration Pathway) of 2071-2100 for the future projections. For the results, global averages

and geographical distributions are presented, and physical interpretations of the distributions

are discussed.

Uncertainty in climate simulations is due to various factors, including internal variability

in the climate system, scenario assumptions and choices of modelling techniques [Collins et al.,

2013]. In addition to the multimodel mean projections, confidence in results is analysed with the

intermodel differences in changes and the model-to-model agreement of the sign and magnitude

of the projections. The intermodel correlation between the change in surface temperature and

each energy budget variable (or cloud cover) is studied to see, for instance, whether or not
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models with larger warming also project stronger positive or negative change in other variables.

We expect that the mean surface temperature will rise in each simulation and that, according

to the Clasius-Clapeyron relation, the atmospheric water vapor content increases due to the

projected warming. The thermal radiation from the surface is expected to increase, since

it is directly proportional to the fourth power of the surface temperature. The enhanced

greenhouse effect and increases in atmospheric greenhouse gases, such as water vapor, make

the atmosphere less transparent to longwave radiation and stronger absorption and emissions

of thermal radiation occur, thereby increasing the atmospheric re-radiation and adding to the

initial warming of the surface. Therefore, we hypothesise that the projected changes in the

downward thermal radiation fluxes are largest and that the dominating contribution to the

eventual warming is increases in the clear-sky atmospheric re-radiation. However, most of the

re-radiation occurs from the lower atmospheric layers where the temperature change is close

to the pattern of surface warming [Zhao et al., 1994], therefore partly explaining the expected

strong correlation between the clear-sky atmospheric re-radiation component and the change

in surface temperature. Furthermore, we expect there to be notable geographical variations in

the distributions of the surface energy fluxes and the temperature change, for example land-

ocean contrasts. Therefore, in addition to the thermal radiation fluxes, other components of

the energy balance are expected to modify the pattern of surface warming to some extent.

The energy budget perspective on Earth’s climate system and a few key concepts in climate

science are described in Chapter 2. A more detailed description of the data and methods used

in this thesis is presented in Chapter 3. The results are discussed in Chapters 4, 5 and 6,

starting from the simulated present-day distributions of the studied variables, then proceeding

to the projected future changes, and lastly the intermodel consistency of the simulated changes

is examined. The main conclusions and suggestions for further studies are presented in Chapter

7.

2 Energy budget perspective on Earth’s climate

This chapter presents a few key concepts in climate science from the energy budget perspective.

First, Earth’s global mean energy budget is studied and its components are introduced. Then,

a brief overview of the greenhouse effect and climate forcing is given. Lastly, the climate

sensitivity and climate feedbacks are described shortly. Altogether, this chapter will provide an

understanding of the basics of these phenomena, which will be needed throughout this thesis.
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2.1 Global mean energy budget

Earth’s energy budget describes the balance between the net incoming and outgoing energy

flows. For a steady climate, the incident solar radiation at the top of the atmosphere is balanced

by the reflected solar radiation and the emitted thermal radiation. Figure 1 shows a diagram

of present-day Earth’s global and annual mean energy budget. The unit used for measuring

the energy fluxes is watt per square meter (W/m2).

Figure 1: Present-day Earth’s globally and annually averaged energy budget [Hartmann et al.,

2013] (adapted from [Wild et al., 2013]). The numbers correspond to the magnitudes of the

energy budget components and their uncertainty ranges, units W/m2.

At the top of the atmosphere (TOA), the average incoming solar radiation is, according to

the current estimate, 340 W/m2 (Fig. 1). Part of this shortwave radiation (SW) is reflected

back to space and the estimated total reflection is 100 W/m2. Most of the reflection occurs in

the atmosphere due to clouds, gas molecules and aerosols (76 W/m2), and the rest from the

surface (24 W/m2). The outgoing longwave radiation (OLR) is thermal radiation emitted from

the atmosphere and the surface. The average magnitude of the OLR flux is about 239 W/m2.

Hence, there is a slight imbalance in the TOA radiation budget due to the present-day climate

change, approximately 0.6 W/m2 [Hansen et al., 2011].
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In the atmosphere, clouds, aerosols, water vapor and the ozone layer absorb part of the

downwelling SW radiation (79 W/m2). The solar radiation absorbed at the surface is approxi-

mately 161 W/m2, while the average emitted longwave (LW) radiation from the surface is 398

W/m2. The atmosphere is partly opaque to LW radiation, therefore absorbing a large part

of the upwelling thermal radiation. In the atmosphere, LW radiation is emitted to space and

towards the surface, the latter defined as the atmospheric re-radiation. The downwelling LW

radiation from the atmosphere (approximately 342 W/m2) compensates about 85 % of the

energy loss due to the surface emitted LW radiation.

When viewed separately, there is a negative net flux of radiation energy in the atmosphere

(-104 W/m2) and approximately equal but positive flux on the surface (105 W/m2). This

is balanced by sensible heat flux (20 W/m2) and latent heat flux (84 W/m2). On average,

both transfer heat from the surface to the atmosphere. A more detailed explanation of the

mechanisms of the turbulent heat fluxes can be found in Chapter 4.3.2.

The surface energy budget and the TOA radiation balance are both studied in this thesis.

The components of the TOA radiation budget can be observed and the data is gathered by

satellites. The magnitudes of the surface energy fluxes have more uncertainty since direct

satellite measurements can not be made similarly [Wild et al., 2013]. Nevertheless, the values

presented in Figure 1 are good estimates. As mentioned earlier, it is important to note that

here the magnitudes of the components are global and annual averages. In reality, the fluxes

vary depending on, for example, the location and the time of the year.

Current observations suggest the Earth is not in energy balance and that the global mean

surface air temperature has increased in recent decades [Cubasch et al., 2013]. In addition to

natural forcings, human activities affect Earth’s energy budget by generating the imbalance

that drives changes in climate. The subsequent sections introduce a few key concepts related

to this process.

2.2 The greenhouse effect and climate forcings

According to Figure 1, the current estimate for thermal radiation emitted from the surface is 398

W/m2, but the downward atmospheric re-radiation is about 342 W/m2. Thus, the average net

energy loss from the surface due to LW radiation is approximately 56 W/m2. While some of the

atmospheric gases, such as oxygen, are virtually transparent to LW radiation, the greenhouse

gases (GHGs) absorb and emit thermal radiation making the atmosphere partly opaque to LW

radiation. Some of the most important GHGs in the atmosphere are water vapor, carbon dioxide
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and methane, to name a few [Kiehl and Trenberth, 1997]. If the atmosphere was completely

transparent to LW radiation, Earth’s surface would be much cooler. The greenhouse effect

describes the process where atmospheric absorption and emissions of LW radiation result in

warming of the surface.

Changes in the atmospheric composition affect Earth’s energy budget. For instance, in-

creases in the concentrations of human-made GHGs strengthen the greenhouse effect by making

the atmosphere more opaque to thermal radiation [Neelin, 2011]. At the top of the atmosphere,

less LW radiation is emitted to space and the energy imbalance is increased. This results in

rising surface temperatures until new energy balance is reached.

As an example of a human-induced climate forcing, the doubling of the CO2 concentration

in the atmosphere would reduce the TOA ougoing LW radiation by about 3.7 W/m2 [Räisänen,

2014]. Neelin defines the term forcing as ”an external cause driving a response in a system”

[Neelin, 2011], where ’system’ now refers to Earth, ’response’ is a change in the TOA radiation

balance and consequent changes in climate, while ’external cause’ can be changes in the incident

solar radiation or increase in atmospheric aerosols by volcanic eruptions, for instance [Hansen

et al., 2011]. In addition to natural forcings, anthropogenic (human-made) forcings have mainly

to do with altering the atmospheric composition by emissions. Radiative forcing, a change in

the TOA net radiation, leads to feedbacks that can either amplify or diminish its effects.

2.3 Climate sensitivity and climate feedbacks

As previously mentioned, Earth’s surface temperature changes in response to a forcing until

new energy balance is achieved. Climate sensitivity is defined as the average change in the

surface temperature per said forcing [Hansen et al., 2011]. The eventual temperature change

depends on climate feedbacks, processes that can either increase or decrease the initial response

to the forcing by altering the fluxes of energy described in section 2.1. The most important

feedbacks are the water vapor feedback, snow and ice feedback and cloud feedback [Neelin,

2011].

The atmosphere can hold more water vapor as the global mean temperature rises, according

to the Clausius-Clapeyron equation. Water vapor is a strong greenhouse gas, and an increase

in atmospheric water vapor content therefore results in additional warming. Due to the water

vapor feedback, less thermal radiation is emitted to space at the top of the atmosphere. Since

it amplifies the initial climate response (warming), it is a positive feedback.

The snow/ice feedback is also a positive feedback that is larger in the higher latitudes.
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Warming reduces the snow and ice cover, which have a high reflectivity compared to other

types of surface. Therefore, less SW radiation is reflected from the surface and consequently

more is absorbed by it, which adds again to the initial warming.

The cloud feedback is related to changes in the cloud cover. On one hand, clouds reflect

incoming solar radiation, and on the other hand, less thermal radiation is emitted to space due

to clouds. The net effect of clouds is studied more closely in Chapter 4.2.

In addition to the main fast feedbacks briefly discussed above, there are several other feed-

backs that have not been mentioned here. For instance, an example of a slow feedback is the

changes in the continental ice-sheet cover [Hansen et al., 2011]. In general, climate feedbacks

modify the changes in climate by affecting Earth’s energy budget. They also introduce more

uncertainty in the estimation of the changes in climate modeling [Neelin, 2011]. To summarize

the content of this chapter:

• Earth’s energy budget describes the balance between the energy flux components.

• Earth’s energy imbalance, caused by some external factor, defines a forcing.

• A forcing drives changes in climate that lead to climate feedbacks.

• Feedbacks amplify or diminish the initial climate response.

• The changes continue until new energy balance is reached.

3 Data and methods

This chapter describes the data and methods used in this thesis. The first two sections introduce

the climate model data and the experiments studied, while the final section gives information on

data processing and output. The output results and interpretations are presented in Chapters

4, 5 and 6.

3.1 CMIP5 Models

In this thesis, data for 23 coupled atmosphere-ocean global climate and Earth system models

in the fifth phase of the Coupled Model Intercomparison Project (CMIP5, [Taylor et al., 2011])

were used. The models and some of their properties are listed in Table 1. From the long-

term experiments, a historical run (1850-2005) and one future-projection simulation (RCP8.5,

2006-2300) were chosen to be studied. The historical run is forced by observed changes in the
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atmospheric composition [Taylor et al., 2011]. The specifics of the latter experiment are defined

in the subsequent section.

Model Atmospheric grid [◦] Ocean grid [◦] No. vert. levels

Latitude Longitude Latitude Longitude in atmosphere

ACCESS1.0 1.25 1.88 x x 38

ACCESS1.3 1.25 1.88 x x 38

CanESM2 2.79 2.81 0.93, 1.14 1.41 35

CNRM-CM5 1.4 1.41 x x 31

CSIRO-Mk3.6.0 1.87 1.88 0.93, 0.95 1.88 18

GISS-E2-H 2 2.5 1 1 40

GISS-E2-H-CC 2 2.5 1 1 40

GISS-E2-R 2 2.5 1 1.25 40

GISS-E2-R-CC 2 2.5 1 1.25 40

HadGEM2-CC 1.25 1.88 0.34, 1 1 60

HadGEM2-ES 1.25 1.88 0.34, 1 1 38

inmcm4 1.5 2 0.5 1 21

IPSL-CM5A-LR 1.89 3.75 x x 39

IPSL-CM5A-MR 1.27 2.5 x x 39

IPSL-CM5B-LR 1.89 3.75 x x 39

MIROC5 1.4 1.41 0.5, 0.5 1.41 40

MIROC-ESM 2.79 2.81 0.56, 1.71 1.41 80

MIROC-ESM-CHEM 2.79 2.81 0.56, 1.71 1.41 80

MPI-ESM-LR 1.87 1.88 x x 47

MPI-ESM-MR 1.87 1.88 x x 95

MRI-CGCM3 1.12 1.13 0.5, 0.5 1 48

NorESM1-M 1.89 2.5 x x 26

NorESM1-ME 1.89 2.5 x x 26

Table 1: List of CMIP5 models studied in this thesis and rounded values of their atmospheric

and ocean grid resolutions (x denotes that the resolution cannot be read out) [ENES, 2019b]. If

the resolution is not constant, two values are given (for the equator and the poles, respectively).

Last column: number of vertical levels in the atmosphere [Flato et al., 2013].
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3.2 The Representative Concentration Pathways

The evolution of greenhouse gas emissions and concentrations and changes in other forcing

agents are important elements in climate research. Various emission scenarios have been devel-

oped to be used as input for climate model simulations [Räisänen, 2014]. The Representative

Concentration Pathways (RCPs) are a set of scenarios named after the estimated target level

radiative forcing of year 2100: RCP2.6, RCP4.5, RCP6 and RCP8.5 [van Vuuren et al., 2011].

With help of integrated assessment models it is possible to describe, for instance, the socio-

economic and technological changes or pathways that lead to these levels of the radiative forcing

at the end of the century [Räisänen, 2014].

In this thesis, the RCP8.5 scenario is studied. RCP8.5 is a high emission scenario since the

level of forcing is the highest of the four scenarios (8.5 W/m2) and it has the highest greenhouse

gas emissions and concentration levels compared to the other RCPs (1370 ppm CO2 equivalent

in 2100 [ENES, 2019a]). According to the scenario, the population growth will reach 12 billion

by the end of the century, the energy technological development is slow and hence the burning

of the fossil fuels is the primary source of energy [Riahi et al., 2011].

RCP8.5 might not be the most probable scenario of the RCPs in terms of future climate

changes but it has some advantages over the other RCPs. Due to the strong forcing, the forced

climate changes are large and therefore more clearly discernible from internal variability in the

model simulations.

3.3 Data processing

The processing of the model data (Table 1) was performed with the Climate Data Operator

(CDO) software [Schulzweida, 2019]. All the data was interpolated to a common 2.5 × 2.5

degrees grid using a first-order conservative remapping remapcon.

The 14 components of Earth’s energy budget and two other variables studied in this thesis

are listed in Table 2. For each component, the historical run and the RCP8.5 experiment were

merged together and the decadal monthly means from the simulations were calculated. These

were then used to determine the annual multimodel means of the simulated present-day energy

budget and the projected changes in it, as well as the corresponding global averages. For this

purpose, two 30-year averaging periods were chosen to be studied: a baseline period of 1981-

2010 and a comparison scenario period at the end of the 21st century (2071-2100). The baseline

period gives the simulated present-day energy budget and the changes in the studied variables

between the periods (denoted with ∆) are expressed with respect to it. For example, the global
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and annual multimodel mean warming of near-surface air between 1981-2010 and 2071-2100 is

about 3.46 K.

For the projected changes, the intermodel correlation between temperature change ∆T and

change in the other components along with the intermodel standard deviations were calculated.

Furthermore, the ratio of multimodel mean to the intermodel standard deviation was examined.

These were then used to study the intermodel consistency of the simulations. The results

were obtained with the Grid Analysis and Display System (GrADS), a tool for handling and

visualization of climate data (http://cola.gmu.edu/grads/).

Symbol Component CMIP5

T Near-surface air temperature (2 m) tas

SW↓T OA TOA incident SW radiation rsdt

SW↑T OA TOA outgoing SW radiation rsut

LW↑T OA TOA outgoing LW radiation rlut

SW↓ Surface downwelling SW radiation rsds

SW↑ Surface upwelling SW radiation rsus

LW↓ Surface downwelling LW radiation rlds

LW↑ Surface upwelling LW radiation rlus

H↑ Surface upward sensible heat flux hfss

LE↑ Surface upward latent heat flux hfls

SW↑T OA,cs TOA outgoing clear-sky SW radiation rsutcs

LW↑T OA,cs TOA outgoing clear-sky LW radiation rlutcs

SW↓cs Surface downwelling clear-sky SW radiation rsdscs

SW↑cs Surface upwelling clear-sky SW radiation rsuscs

LW↓cs Surface downwelling clear-sky LW radiation rldscs

CLT Total cloud fraction clt

Table 2: List of the symbols, their definitions and CMIP5 acronyms. The abbreviations: TOA

top of the atmosphere, SW shortwave and LW longwave. Here clear-sky refers to radiation

fluxes calculated assuming a cloud-free atmosphere.
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4 Simulated present-day energy budget

A more detailed study of Earth’s present-day energy budget is presented in this chapter. The

results are obtained from the simulations described in the previous sections. Here, the first two

sections examine the TOA radiation balance and briefly introduce effects of cloud forcing. The

last section is divided into the study of the net surface radiation and the surface energy budget,

respectively.

4.1 TOA net radiation

The TOA radiation balance is determined by the incident solar radiation, the reflected SW

radiation and the outgoing LW radiation. We write

Rg = SW↓T OA − SW↑T OA − LW↑T OA (1)

where Rg is the TOA net radiation. Energy balance is achieved if the incoming and outgoing

energy fluxes cancel out (globally averaged Rg = 0). In case of a non-zero global mean Rg, the

surface temperature would either rise or sink, depending on the sign of Rg.

Part of the incoming SW radiation is immediately reflected from the atmosphere and the

surface. The spatial distribution of the TOA net SW radiation, the difference between incident

and reflected SW fluxes, is depicted in Figure 2a. High latitudes receive less SW radiation

than the equatorial region due to the curvature of Earth. Additionally, more SW radiation is

reflected from the surface towards space due to higher surface albedo over the polar regions

(Fig. 5). The TOA net SW radiation is also reduced over areas of higher cloud cover, for

instance over the mid-latitude storm tracks, since clouds reflect a large fraction of the incident

SW radiation.

Longwave radiation, or thermal radiation, is emitted by Earth’s surface and the atmosphere.

The emitted LW radiation flux is directly proportional to the fourth power of the temperature,

and therefore areas of higher surface and atmospheric temperature emit more LW radiation.

Figure 2b shows the spatial distribution of the annual mean TOA outgoing LW radiation. The

colder polar regions emit less LW radiation than the warmer low latitude areas. However, the

pole-to-equator gradient in the upwelling LW radiation is not as steep as that in the absorbed

solar radiation due to the oceanic and atmospheric circulation transfering heat towards the

higher latitudes. The outgoing LW radiation flux is strongest in the subtropics where the

surface temperatures are high and the air is relatively dry, since clouds and water vapor reduce

OLR.
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The annual mean net radiation at the top of the atmosphere is depicted in Figure 2c. In

the mid-to-high latitudes we have Rg < 0 and the net radiation is positive elsewhere, Sahara

being an exception. OLR exceeds the net SW radiation at higher latitudes, which is balanced

by poleward heat transfer. In Sahara, the surface reflectivity is high and the high temperatures

and dry atmosphere cause larger OLR.

(a) TOA net SW radiation. (b) TOA outgoing LW radiation.

(c) TOA net radiation

Figure 2: Spatial distribution of the annual multimodel mean a) TOA net SW radiation, b)

TOA OLR and c) TOA net radiation over the years 1981-2010. Units W/m2.
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The TOA net radiation is affected by the energy fluxes from the surface and the atmosphere.

In Chapter 4.3, we will study the components of the surface energy budget. Before this, we

will have a brief look into cloud forcing that also affects the TOA net radiation.

4.2 Cloud forcing

Figure 3: Spatial distribution of the annual multimodel mean cloud fraction over the years

1981-2010.

In current climate conditions, the fraction of Earth covered by clouds is about two thirds

[Boucher et al., 2013]. Figure 3 shows the annual multimodel mean cloud fraction occurence.

Clouds occur most frequently over the mid-latitude oceanic storm tracks and the tropical pre-

cipitation belts. The cloud coverage is low over deserts and the subtropical oceans.

Clouds play a double role in the TOA radiation balance: i) clouds reflect the incident SW

radiation, having a cooling effect on Earth’s climate and ii) less LW radiation is emitted to space

by colder high-level cloud tops, having a warming effect. High clouds both reflect more SW

radiation and emit less LW radiation to space, while low clouds mainly reflect solar radiation.

The net cloud forcing at the TOA is [Räisänen, 2010]

∆Rcloud = Rg −Rcs
g = SW↑T OA,cs − SW↑T OA + LW↑T OA,cs − LW↑T OA (2)
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where cs means clear-sky conditions, or in other words, the absence of clouds. On average,

more SW radiation is immediately reflected to space due to clouds (about 50 W/m2) when

compared to cloud-free conditions. Hence, the global mean SW cloud forcing is approximately

-50 W/m2 and the average LW cloud forcing is about 30 W/m2, due to smaller LW flux to space

in cloudy conditions (about -30 W/m2) [Boucher et al., 2013]. Therefore, the net cloud forcing

is -20 W/m2 which means that clouds have a net cooling effect on Earth’s current climate.

(a) SW cloud forcing. (b) LW cloud forcing.

(c) Net cloud forcing.

Figure 4: Spatial distribution of the annual multimodel mean a) TOA net SW cloud forcing, b)

TOA net LW cloud forcing c) TOA net cloud forcing over the years 1981-2010. Units W/m2.
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The annual multimodel mean SW, LW and net cloud forcing at the TOA are depicted in

Figure 4. The net cloud forcing is slightly positive over the polar regions due to less incoming

SW radiation and already high surface albedo, and it is negative over most of the other regions

(Fig. 4c). Over the mid-latitude oceans, the net cloud forcing as well as the SW cloud forcing

(Fig. 4a) is most negative. LW cloud forcing is more positive over regions with high clouds

(Fig. 4b), for instance over the Tropical Pacific ocean, but reflection of SW radiation is also

large in these areas.

The contribution of clouds to Earth’s energy budget in the future projections still poses

a challenge for climate modeling [Boucher et al., 2013]. Changes in climate lead to different

climate feedbacks including cloud feedback, which among other things depends on the change

in cloud fraction and properties. Hence, the brief summary of cloud forcing presented here

is relevant to understanding the processes affecting Earth’s energy fluxes in the current and

simulated future climate.

4.3 Surface energy fluxes

4.3.1 Surface net radiation

For the net surface radiation we write

R = SW↓ − SW↑ − (LW↑ − LW↓) (3)

where the first two terms on the right contribute to the surface net SW radiation, and the last

two terms to the surface net LW radiation. The part of the incident solar radiation that is not

reflected from or absorbed by the atmosphere reaches the surface. The surface reflects part of

this downwelling SW radiation back to space but, on average, nearly 50 % of the solar radiation

is absorbed at the surface (Fig. 1).

Surface albedo α measures the fraction of SW radiation that is reflected at the surface.

Figure 5 shows the spatial distribution of the annual mean surface albedo. The reflectivity

is higher over the continents than over the oceans (α ≤ 0.1). The ice and snow cover have

high surface albedos (0.5 ≤ α ≤ 0.9) but seasonal variations occur. Other important types of

surface are vegetation (0.1 ≤ α ≤ 0.3) and deserts (0.3 ≤ α ≤ 0.4). The global average surface

albedo is approximately 0.13 (Fig. 1). Similarly, the planetary albedo, defined as the fraction

of incoming SW radiation that is reflected from Earth, is about 0.3.
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Figure 5: Spatial distribution of the annual multimodel mean surface albedo over the years

1981-2010.

The spatial distribution of the annual mean surface net SW radiation is depicted in Figure 6a.

The latitudinal distribution is similar to Figure 2a due to Earth’s curvature, but the effect of

the atmosphere and the reflection from the surface can be seen here. The magnitude of the

downwelling SW radiation is high over deserts and other areas with relatively clear sky. Clouds

reduce the SW radiation to the surface, which can be seen over the oceans at higher latitudes,

for instance. Due to the higher surface albedo over deserts and the polar regions (Fig. 5), a

major part of the downward SW radiation is immediately reflected. The reflection is weaker

over the oceans than the continents, because the surface albedo is significantly smaller.

Figure 6b shows the spatial distribution of the annual mean surface net LW radiation. At

higher latitudes, the surface temperatures are low, and therefore upwelling LW radiation is

smaller. Similarly, the ocean surface temperatures are lower when compared to land areas

because of strong evaporation over the oceans. The surface net LW radiation is large over

deserts and other areas with relatively dry air. Atmospheric re-radiation mostly emitted by

the lower atmosphere is large over areas with high atmospheric water vapor content and cloud

coverage.

The spatial distribution of the annual mean surface net radiation can be seen in Figure 6c.
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The net radiation is negative in the polar regions and positive elsewhere. In the lower latitudes,

the net radiation is larger over the oceans than over the land areas. In Sahara, the emitted LW

radiation and the reflected SW radiation fluxes are stronger due to high surface temperatures

and surface albedo, resulting in weaker net radiation.

(a) Surface net SW radiation. (b) Surface net LW radiation (positive upward).

(c) Surface net radiation.

Figure 6: Spatial distribution of the annual multimodel mean a) surface net SW radiation, b)

surface net LW radiation (defined here as positive upward) and c) surface net radiation over

the years 1981-2010. Units W/m2.

In addition to thermal radiation, turbulent heat fluxes transfer energy between the surface
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and the atmosphere. In order to present Earth’s surface energy budget, these non-radiative

components are first studied. Part of the net surface radiation energy (Fig. 6c) is distributed

between the latent heat flux and the sensible heat flux, as we will see in the next section.

4.3.2 Turbulent heat fluxes and the surface energy budget

Phase changes of a substance involve energy that is either absorbed or released, depending on

the direction of transition, called latent heat. Phase changes of water from liquid or solid to

gas or vice versa transfer heat energy between the surface and the atmosphere. Evaporation

cools the land and sea surface, and the condensation of water vapor in the atmosphere releases

latent heat which in turn warms the air. Evaporation from both the surface and vegetation,

evapotranspiration [Neelin, 2011], is the dominating factor in the latent heat flux over land.

Figure 7: Spatial distribution of the annual multimodel mean latent heat flux over the years

1981-2010. Units W/m2.

The spatial distribution of the annual mean latent heat flux is depicted in Figure 7. Since the

magnitude of LE↑ depends on the surface temperature and moisture, the flux is greatest over

the warm oceans around the equator. The oceans store heat energy more efficiently than the

land areas, and the ocean currents move warm waters poleward. For instance, in the North

Atlantic Ocean LE↑ exceeds the latent heat flux over the continents at the same latitude.
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LE↑ is smaller over the land areas. In dry areas, such as Sahara, there is little to none

moisture and the latent heat flux is modest. In the polar regions, the energy required for

phase transitions is scarce. Additionally, the maximum possible amount of water vapor in the

air depends on the temperature so that cold air can hold less water vapor. Over the tropical

rainforests, the latent heat flux is great due to the evapotranspiration process.

Figure 8: Spatial distribution of the annual multimodel mean sensible heat flux over the years

1981-2010. Units W/m2.

Figure 8 shows the spatial distribution of the annual mean sensible heat flux. In short, sensible

heat transfer occurs when air molecules come in contact with the warm surface which causes

the upward movement of warmer air [Neelin, 2011]. The magnitude of H↑ depends on the tem-

perature difference between the surface and the air above it. Over the oceans, H↑ is relatively

small because most of the radiation energy (Fig. 6c) goes to evaporation. Over some sea areas,

for instance in the North Atlantic, H↑ is greater due to the temperature difference between the

colder air and the warm ocean currents.

Over land, H↑ is smaller at higher latitudes. The sensible heat flux is negative in the polar

regions since the warmer atmosphere loses energy to the surface, while at lower latitudes, H↑
is large due to larger surface net radiation flux (Fig. 6c). Over dry areas, such as Sahara, the

high surface temperatures and smaller LE↑ due to lack of soil moisture result in greater H↑.
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The surface energy budget is [Räisänen, 2010]

R = H↑ + LE↑ +G+ ∆F (4)

where G is the energy stored per unit horizontal area and ∆F is the horizontal transfer of energy

associated with, for instance, the oceanic circulation. Figure 9 shows the spatial distribution of

annual mean R−H↑ − LE↑, defined as positive downward. Over land, ∆F becomes negligible

and the annually averaged G is very close to zero [Räisänen, 2010], and therefore the net energy

flux is relatively small. The spatial distribution of the net atmosphere-ocean heat exchange can

be seen in Figure 9. In the northern North Atlantic, for instance, the net heat flux is negative

and the warmer sea loses heat to the colder atmosphere, while in the tropics the ocean heat

uptake is strong.

Figure 9: Spatial distribution of the annual multimodel mean R − H↑ − LE↑ over the years

1981-2010. Units W/m2.

5 Simulated changes in the energy budget

Increases in atmospheric GHGs due to human activities cause an energy imbalance at the top of

the atmosphere, leading to changes in the energy fluxes, various climate feedbacks, and changes
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in Earth’s mean temperature. In this chapter, the simulated changes in the components of the

energy budget, clouds and surface temperature between the scenario period (2071-2100) and

the baseline period (1981-2010) are studied. First, the globally averaged changes are presented,

and then the spatial distributions of the annual multimodel means of changes are examined.

5.1 Globally averaged changes

Component Present-day Change Units

T 287.3 3.5 K

SW↓T OA 341.3 0.03 W/m2

SW↑T OA 102.2 -3.8 W/m2

LW↑T OA 238.2 1.9 W/m2

SW↓ 190.7 -1.4 W/m2

SW↑ 25.0 -1.9 W/m2

LW↓ 338.7 23.5 W/m2

LW↑ 397.2 18.4 W/m2

H↑ 19.9 -1.0 W/m2

LE↑ 86.2 4.9 W/m2

SW↑T OA,cs 53.8 -3.1 W/m2

LW↑T OA,cs 262.9 1.1 W/m2

SW↓cs 249.5 -3.1 W/m2

SW↑cs 31.1 -2.4 W/m2

LW↓cs 312.5 26.8 W/m2

CLT 58.4 -0.9 %

Table 3: The rounded global and annual multimodel means for the 16 variables. The second

column: the simulated present-day values. The third column: the simulated change between

the baseline period (1981-2010) and the RCP8.5 scenario period (2071-2100).

The simulated present-day global multimodel annual means for the 16 variables and changes

in them are listed in Table 3. For the second column, we can compare the magnitude of the

present-day TOA radiation fluxes and the components of the surface energy budget with Figure

1. Most of the simulated global averages are within the uncertainty ranges given in Figure 1,

while SW↑T OA, SW↓ and LE↑ are slightly larger. However, the study of these differences is
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beyond the scope of this thesis, and therefore it is not further explored here.

We first note that the global average temperature change is 3.5 K. The average change in

SW↓T OA (0.03 W/m2) is negligible when compared to other energy fluxes. The main effects

affecting the SW radiation fluxes are the change of clouds, reduced ice and snow cover and

increase in atmospheric water vapor content, while for the LW radiation the changes in surface

temperature and in the atmospheric composition are the main factors [Räisänen, 2016].

The global mean ∆SW↑T OA (-3.8 W/m2) and ∆SW↑T OA,cs (-3.1 W/m2) are both negative.

Hence, less SW radiation is reflected to space in both cloudy and cloud-free conditions. This

effect is partly due to changes in atmospheric composition, since more SW radiation is absorbed

by increased water vapor in the atmosphere, and additionally, the reduced surface albedo over

high latitudes contributes to the changes in reflected SW fluxes (Fig. 14) [Donohoe et al.,

2014]. Changes in the cloud cover explain the difference between the cloudy and the cloud-free

components: the annual mean cloud cover is reduced over most low-to-mid latitude areas, as

can be seen later in Chapter 5.3 (Fig. 11). Hence, on average the reflection from clouds is

reduced and |∆SW↑T OA| > |∆SW↑T OA,cs|.

The global mean changes in both OLR components ∆LW↑T OA (1.9 W/m2) and ∆LW↑T OA,cs

(1.1 W/m2) are positive, and the increase is associated with warming of the surface and the

atmosphere (the Planck feedback). Increase in GHGs make the atmosphere less transparent

to LW radiation, and therefore the change in OLR is significantly smaller when compared to

changes in the surface LW fluxes. For the net radiation change at the top of the atmosphere,

the global average for ∆Rg is about 1.9 W/m2, resulting in an accumulation of energy in the

climate system, mainly as increased ocean heat content [Rhein et al., 2013].

We note that |∆SW↑T OA| > ∆LW↑T OA, and similarly for the clear-sky components. Like-

wise, other studies of simulated future projections have found that the dominating factor in sus-

taining the TOA energy imbalance, and therefore causing additional global warming, is increase

in the net absorbed SW radiation, instead of reduced OLR due to increased GHGs [Donohoe

et al., 2014]. As already mentioned, increased water vapor in the atmosphere and the reduced

ice and snow cover both enhance the absorption of incident SW radiation, and these feedbacks,

together with reduced cloudiness, are the likely cause of the resulting changes in the SW fluxes.

At the surface, the global mean ∆SW↓ (-1.4 W/m2), ∆SW↓cs (-3.1 W/m2), ∆SW↑ (-1.9

W/m2) and ∆SW↑cs (-2.4 W/m2) are all negative. Similarly to the TOA components, the first

two of these are due to stronger absorption of SW radiation in the atmosphere by increased

water vapor, and the difference is again explained by the reduced cloud cover: the downward

SW radiation changes less in the cloudy conditions because the reflection from clouds is re-
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duced. The last two components mainly reflect the effects of reduced ice and snow cover as the

temperature rises. Less SW radiation is reflected at the surface due to changes in the surface

albedo, since snow and ice have a high albedo compared to other types of surface.

The upward thermal radiation is increased by about 18.4 W/m2 due to surface warming, and

both of the atmospheric re-radiation components ∆LW↓ (23.5 W/m2) and ∆LW↓cs (26.8 W/m2)

are strongly positive. Most of the atmospheric re-radiation occurs from the lower atmospheric

layers, where the temperature change is closely similar to the pattern of surface warming [Zhao

et al., 1994]. Additionally, increase in GHGs makes the atmosphere less transparent to LW

radiation and stronger absorption and emissions occur. Hence, the change in net upward LW

flux is -5.1 W/m2, and the net cooling of the surface becomes weaker. ∆LW↓ is smaller than

the cloud-free component due to reduced cloud cover. For the LW radiation components, the

TOA radiation fluxes change less than the surface fluxes due to the atmosphere.

The global mean change in the net surface radiation balance (∆R) is about 5.7 W/m2,

causing additional warming of the surface and leaving more energy to be distributed between

H↑ and LE↑. The global average ∆H↑ is approximately -1.0 W/m2, while the global mean

∆LE↑ (4.9 W/m2) is positive and reflects stronger evaporation from the surface as the global

mean temperature rises, according to the Clasius-Clapeyron relation. The global mean for

∆(R−H↑ − LE↑) is approximately 1.7 W/m2, which is heat stored to the oceans.

The global means from Table 3 give an insight to the future changes but the patterns of

change might vary greatly over different areas, and therefore we will study the spatial distri-

bution of the simulated annual mean changes in the following sections. First, changes in the

near-surface air temperature are examined.
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5.2 Changes in the surface temperature

Figure 10: Spatial distribution of the annual multimodel mean of near-surface air temperature

change for 2071-2100 (compared to 1981-2010 base period). Top-right corner: the global mean

of ∆T from Table 3. Units K.

Figure 10 shows the spatial distribution of ∆T . The annually averaged surface temperature

increases everywhere but regional variations in the warming pattern occur. Various physi-

cal processes affect the pattern of surface warming, including vegetation and snow/ice cover

changes, ocean heat storage and changes in the soil moisture content, to name a few. The three

key features in Figure 10 are:

• The land-ocean contrast in the low-to-mid latitudes. On average, the surface temperature

change is larger over land compared to oceans. Even though the oceans have higher heat

capacity, the difference is partly due to larger increase in latent heat flux over the oceans

(Fig. 18a), which effectively cools the sea surface, and reduced soil moisture in drying

land areas, leading to decrease in evaporation [Collins et al., 2013].
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• The polar amplification. Various studies have found that the projected surface warming

is largest in the northern high latitudes [Collins et al., 2013]. We see from Figure 10 that,

in the Arctic latitudes, the change in surface temperature is on average over 2 to 3 times

larger compared to other areas. The initial warming is amplified by the snow/ice feedback

due to snow and sea ice cover reductions [Holland and Bitz, 2003,Collins et al., 2013]. In

the Antarctic, due to low temperatures and the size of the ice sheet, the changes in the

surface albedo are small (Fig. 14), and consequently amplified warming does not occur

in the southern polar regions [Collins et al., 2013].

• Variations in the sea surface temperature change in the low-to-mid latitudes (SST). The

warming is smallest in the northern North Atlantic and the Southern oceans due to the

deep ocean mixing and, in the North Atlantic, due to the weakening of the thermohaline

circulation, while ∆T is largest in the Tropical Pacific at the equator and near coastlines

[Collins et al., 2013].

The following sections will study the changes in energy fluxes and cloud cover associated

with the warming, and we will consider the relationship between the temperature change and

the change in other variables more thoroughly.

5.3 Changes in the TOA net radiation and clouds

Since the change in net LW and SW fluxes at the top of the atmosphere depend, among other

factors, on changes in cloud cover, we will first study briefly the spatial distribution of total

cloud fraction change depicted in Figure 11. The main changes in cloud coverage are:

• Reduced cloud cover in the low-to-mid latitudes, except over the equatorial and Eastern

Pacific oceans (Fig. 11) [Collins et al., 2013].

• Increases in cloudiness at higher latitudes (Fig. 11) [Collins et al., 2013].

• The cloud top rising associated with the warming [Meehl et al., 2013].
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Figure 11: Spatial distribution of the annual multimodel mean of changes in cloud cover for

2071-2100 (compared to 1981-2010 baseline period). Units %.

The spatial distribution of the change in TOA net radiation is shown in Figure 12c. On

average, the change is mostly positive and the energy imbalance at the top of the atmosphere

increases compared to the baseline period. The changes in the TOA incident solar radiation are

negligible compared to other energy fluxes, and therefore the pattern of change is not presented

here. Next, the change in TOA net SW flux and OLR are studied separately. In addition

to changes in cloud cover, the changes in TOA net SW radiation are affected by increase in

atmospheric water vapor content and changes in snow and ice cover at higher latitudes [Collins

et al., 2013]. Figure 12a shows the spatial distribution of the TOA net SW radiation change. On

average, the absorption of incident SW radiation increases, and less SW radiation is reflected

to space [Donohoe et al., 2014]. In the low-to-mid latitudes, where the change is positive, we

see that the downward SW flux increases more over the areas with reduced cloud cover (Fig.

11) [Collins et al., 2013]. In other words, the reflection of SW radiation from clouds is reduced

over these regions.

In the northern high latitudes, the TOA net SW radiation increases due to reduced snow

and ice cover. Less SW radiation is reflected from the surface and, as already mentioned in the

previous section, the warming in higher latitudes is amplified by the snow/ice feedback (Fig.
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10). The changes in snow and ice cover more than compensate the effect of increased cloud

cover on SW radiation in the higher latitudes (Fig. 11). Over part of the Southern ocean,

northern North Atlantic and parts of the equatorial and Eastern Pacific ocean, the average

change in TOA net SW flux is negative. The absorption of SW radiation decreases in these

areas due to increase in cloud cover and reflection from clouds (Fig. 11).

(a) TOA net SW radiation change. (b) OLR change (positive upward).

(c) TOA net radiation change

Figure 12: Spatial distribution of the annual multimodel mean of a) TOA net SW radiation

change, b) TOA OLR change (defined here as positive upward) and c) TOA net radiation

change for 2071-2100 (compared to 1981-2010 base period). Units W/m2.
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The spatial distribution of the change in TOA outgoing LW radiation is depicted in Figure

12b, where the flux is defined as positive upward. On average, there is an increase of the

emitted LW radiation by surface and atmosphere towards space. Because OLR depends on

surface and atmospheric temperatures, there are similarities between the pattern of surface

warming (Fig. 10) and the changes in OLR (Fig. 12b). However, the net LW flux at TOA is

affected largely by GHGs and also by clouds, explaining the differences between Figures 10 and

12b. The strong absorption of thermal radiation by GHGs in the atmosphere reduces OLR,

and hence the change in OLR is relatively small compared to ∆LW↑ (Fig. 16a) and the net

surface warming. OLR increases over regions of reduced cloud cover, since more LW radiation

is emitted to space from warmer atmospheric layers. On the other hand, in convective regions,

such as the Tropical Pacific, the effect of cloud top rising reduces the OLR emissions towards

space [Collins et al., 2013].

We study briefly the spatial distributions of the changes in SW, LW and net cloud forcing.

These are depicted in Figures 13a, 13b and 13c, where a positive change in cloud forcing (CF)

leads to additional warming of Earth’s climate and vice versa. In the low-to-mid latitudes, over

the areas of reduced cloud cover, the SW cloud forcing becomes less negative (Fig. 13a). Less

SW radiation is reflected from clouds towards space, and correspondingly more is absorbed by

the surface and the atmosphere. Over the same regions, the LW cloud forcing decreases and

more LW radiation is emitted to space (Fig. 13b). On the other hand, over areas of increased

cloud cover or rising cloud top (convective regions), the SW cloud forcing decreases (Fig. 13a)

and the LW cloud forcing increases (Fig. 13b) due to stronger reflection of SW radiation and

less LW radiation being emitted from higher layers, respectively.
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(a) Change in SW cloud forcing. (b) Change in LW cloud forcing.

(c) Change in net cloud forcing.

Figure 13: Spatial distribution of the annual multimodel mean of change in a) SW cloud

forcing, b) LW cloud forcing and c) net cloud forcing for 2071-2100 (compared to 1981-2010

base period). Units W/m2.
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5.4 Changes in the surface energy fluxes

5.4.1 Surface net radiation

Figure 14: Spatial distribution of the annual multimodel mean of change in surface albedo for

2071-2100 (compared to 1981-2010 base period). Units %.

The changes in surface albedo (∆α) are associated with changes in the SW↑ component and

the projected warming. For instance, a decrease in α leads to reduced SW↑, and the warming

is amplified. Figure 14 shows the spatial distribution of ∆α. The change is negligible over

low-to-mid latitude oceans that are free of sea ice year round (both in present-day simulations

and future projections). At higher latitudes, the decrease in sea ice cover and extent, due to

warming, result in reduced surface albedo [Collins et al., 2013]. The magnitude of the change

is largest in the Arctic latitudes and, as we noted in section 5.2, the projected warming is

amplified by the snow/ice feedback (Fig. 10). Similarly, decreases in snow and frozen ground

cover over the northern high latitude continents reduce α [Collins et al., 2013]. ∆α is small

over the Antarctic due to low temperatures and slow rate of melting of the ice sheet.

Moreover, changes in land cover patterns affect the surface albedo. Studies on the change in

vegetation cover estimate that there is a net loss of forest cover in the tropics, for instance in the

Amazon, while in the high latitudes there is increase in vegetation cover due to warming [Collins
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et al., 2013,Falloon et al., 2012]. Over the northern high latitudes, increase in vegetation cover

reduces α [Falloon et al., 2012] in addition to the snow/ice cover reductions. Figure 14 shows

small increase in the surface albedo over the tropical forests. However, it is difficult to say

whether the simulated change in α over these regions is due to changes in vegetation cover or if

other factors affect the projected multimodel mean change. For example, the RCP8.5 scenario

assumptions about the changes in land use patterns also affect ∆α.

The spatial distributions of the changes in all-sky and clear-sky components of the surface

SW fluxes are depicted in Figure 15. The downward SW flux increases over areas of reduced

cloud cover (Fig. 11), since direct reflection of SW radiation from clouds towards space is

reduced, and correspondingly the downward SW radiation decreases over regions of increased

cloud fraction, for instance in the northern polar regions (Fig. 15a). In addition to changes in

cloud cover, the absorption of SW radiation in the atmosphere is enhanced by increased water

vapor [Donohoe et al., 2014], and the clear-sky downward SW flux decreases in almost every

region (Fig. 15c). Over continental Europe and eastern China, the SW↓cs increases most likely

due to assumed reductions in the anthropogenic emissions of air pollutants under RCP8.5 [Riahi

et al., 2011].

The main contribution to ∆SW↑ (Fig. 15b) and ∆SW↑cs (Fig. 15d) is the change in surface

albedo, and in both cases the pattern of change is similar to that of Figure 14. For example,

over the northern high latitudes and the southern high-latitude oceans, where the snow and sea

ice cover is reduced and |∆α| is large, reflection from the surface decreases most. The slight

differences between ∆SW↑ and ∆SW↑cs are due to changes in cloudiness.

The spatial distribution of the change in (all-sky) net surface SW radiation is shown in

Figure 15e. The positive values indicate increase in the radiation energy towards the surface

and vice versa. In the low-to-mid latitudes, the effect of ∆SW↓ dominates (Fig. 15a) but over

the higher latitudes, the increase in radiation energy is due to changes in the surface albedo,

and henceforth decrease in reflected SW radiation from the surface (Fig. 15b). On average,

there is a small projected increase in the surface net SW radiation.
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(a) ∆SW↓. (b) ∆SW↑.

(c) ∆SW↓cs. (d) ∆SW↑cs.

(e) The surface net SW radiation change.

Figure 15: Spatial distributions of the annual multimodel means of surface SW radiation

changes for 2071-2100 (compared to 1981-2010 base period). Units W/m2.
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(a) ∆LW↑ (b) ∆LW↓ (c) ∆LW↓cs

(d) The change in surface net LW radiation.

Figure 16: Spatial distribution of the annual multimodel mean of a) ∆LW↑, b) ∆LW↓, c)

∆LW↓cs and d) surface net LW radiation change (defined here as positive upward) for 2071-

2100 (compared to 1981-2010 base period). Units W/m2.

The spatial distributions of the changes in surface LW radiation fluxes are depicted in Figure

16. Since the magnitude of emitted LW radiation is directly proportional to the fourth power

of the surface temperature, the pattern of change for LW↑ (Fig. 16a) is similar to that of

∆T (Fig. 10), and hence the emitted LW radiation from the surface increases. An important

contribution to the changes in the atmospheric re-radiation components LW↓ (Fig. 16b) and

LW↓cs (Fig. 16c) is the increase in atmospheric GHGs, especially increase in atmospheric water

vapor content. Additionally, most of the atmospheric re-radiation originates from the lower

atmospheric layers, where the temperature change is closely similar to the pattern of surface
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warming [Zhao et al., 1994]. For both the cloudy and cloud-free components of LW↓, the LW

flux towards the surface increases. Due to the changes in cloud cover, there are some differences

between ∆LW↓ and ∆LW↓cs, for instance in the northern polar regions where the cloud cover

increases (Fig. 11) and ∆LW↓ > ∆LW↓cs.

The change in surface net LW radiation is shown in Figure 16d, where the change is defined

as positive upward. Over most areas, increase in atmospheric re-radiation (Fig. 16b) is larger

than that in emitted LW radiation from the surface (Fig. 16a), and therefore the change in

surface net LW flux is negative. Hence, mainly due to increases in atmospheric GHGs, the

changes in surface LW fluxes result in amplified warming of the surface. The positive values,

for instance over the Mediterranean region, are due to reduced cloud cover.

The spatial distribution of the change in surface net radiation (∆R) is depicted in Figure

17. The change is positive over most areas, and the radiation energy at the surface increases.

Part of this excess energy is divided between the turbulent heat fluxes, and part is stored in

the oceans. The next section will study the changes in the surface energy budget.

Figure 17: The spatial distribution of the annual multimodel mean of surface net radiation

change (∆R). Units W/m2.
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5.4.2 Turbulent heat fluxes and the surface energy budget

In the previous section we saw that the projected changes in the net surface radiation were

positive in (almost) every region (Fig. 17). This surplus of radiation energy at the surface is

further divided between the turbulent heat fluxes, and part is stored in the oceans or goes to

horizontal energy transfer (Eq. 4). First, changes in the latent and sensible heat fluxes are

studied.

The spatial distribution of the change in latent heat flux is depicted in Figure 18a. The main

contributions to the pattern of change, in addition to increase in the net surface radiation, are

the change in surface temperature and the soil moisture changes. Since there are many processes

affecting the soil moisture content, future projections of the mean soil moisture change are

relatively uncertain but multiple simulations (under RCP8.5) agree that soil moisture reductions

in the Mediterranean region, the Southern Africa, northeast and southwest South America and

southwestern USA are likely by the end of the 21st century [Collins et al., 2013]. Therefore,

over these areas of reduced soil moisture, LE↑ decreases (Fig. 18a).

Except for areas with decreasing soil moisture, the change in latent heat flux is, on average,

positive. In Greenland and over the Antarctic ice sheet, the change is small but over most of

the other continental regions, LE↑ increases due to increase in the net surface radiation and

the warming (the Clasius-Clapeyron relation). Similarly, over the low-to-mid latitude oceans

and the northern polar region, LE↑ increases.

The spatial distribution of the change in sensible heat flux is shown in Figure 18b. We first

note that over the low-to-mid latitude continents, H↑ increases in the regions of reduced LE↑,

since ∆R is positive. Over the low-to-mid latitude oceans, H↑ is slightly decreasing due to

increases in the latent heat flux.

The magnitude of the change in sensible heat flux depends partly on the temperature

difference between the surface and the above atmosphere, as mentioned in Chapter 4.3.2. Over

some ocean regions, for instance in the northern North Atlantic, H↑ decreases due to warming.

Similarly, ∆LE↑ is negative, and ∆(R − H↑ − LE↑) (Fig. 18c) is positive. Hence, the heat

transfer from the ocean to the atmosphere decreases, for example over the northern North

Atlantic. If we compare the results between Figure 9 and Figure 18c, we notice that the heat

exchange between the ocean surface and the atmosphere declines nearly everywhere over the

low-to-mid latitude oceans. Moreover, ∆(R−H↑ − LE↑) is negligible over the continents.
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(a) ∆LE↑ (b) ∆H↑

(c) ∆(R−H↑ − LE↑)

Figure 18: The spatial distribution of the annual multimodel mean of change in a) latent heat

flux, b) sensible heat flux and c) R−H↑ − LE↑. Units W/m2.

While this chapter presented the multimodel mean changes of the components of the en-

ergy budget, surface temperature and clouds, the next chapter will study the model-to-model

consistency of the simulated changes. In addition to examining the differences and the simi-

larities between the simulations, the next chapter also gives insight to how the energy budget

components are related to the change in surface temperature.
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6 Intermodel consistency of the simulated changes

This chapter studies the intermodel consistency of the simulated changes in Chapter 5. Climate

model projections of future changes are uncertain in the sense that, while they help us to

understand the possible climate change, they cannot present a truly accurate prediction of the

future state of our complex climate system, for instance due to various technical reasons and

uncertainty due to scenario choices in climate modelling [Collins et al., 2013]. In this thesis,

the future projections presented in the previous chapter were multimodel means, and hence the

intermodel differences and model agreement must be studied in order to attain better confidence

in the results.

Component SD Units (SD) CORR

∆T 0.7 K 1.0

∆SW↓T OA 0.06 W/m2 0.2

∆SW↑T OA 2.2 W/m2 -0.53

∆LW↑T OA 2.0 W/m2 0.53

∆SW↓ 1.4 W/m2 0.13

∆SW↑ 0.8 W/m2 0.05

∆LW↓ 4.5 W/m2 0.89

∆LW↑ 4.0 W/m2 0.98

∆H↑ 0.4 W/m2 -0.004

∆LE↑ 1.3 W/m2 0.35

∆SW↑T OA,cs 1.2 W/m2 -0.44

∆LW↑T OA,cs 1.6 W/m2 0.8

∆SW↓cs 1.3 W/m2 -0.64

∆SW↑cs 0.9 W/m2 -0.43

∆LW↓cs 5.3 W/m2 0.96

∆CLT 1.4 % -0.27

Table 4: The rounded globally and annually averaged values for the study of intermodel

consistency. The second column: the intermodel standard deviations (SD) of the global mean

change in the 16 variables. The third column: the global area means (from Fig. 21) for the

intermodel correlations (CORR) between ∆T and the change in each variable.
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First, the differences between the model projections are studied with the intermodel stan-

dard deviations of the changes in the 16 variables. Then, the regional intermodel agreement

on the changes is examined with the spatial distributions of the ratio of multimodel mean to

the intermodel standard deviation. Lastly, the intermodel correlations between ∆T and each

individual variable are discussed. The global area means for the standard deviations of the

changes and the intermodel correlations are listed in Table 4. We note that ∆SW↓T OA is once

again negligible, and the global mean correlation between the surface LW radiation fluxes and

∆T is strongly positive.

6.1 Intermodel standard deviations

The spatial distributions of intermodel standard deviations for the annual mean change in each

of the 15 variables are depicted in Figure 19. The intermodel variation in the projections is,

among other factors and choices in climate modelling, due to differences in simulated cloud

fraction, snow and ice cover and atmospheric water vapor content. The intermodel standard

deviation for ∆SW↓T OA is not studied here, since the change in it was negligible.

We first note that the intermodel differences for ∆T are large in the northern high latitudes

and over the Southern oceans (Fig. 19a), where the change in surface temperature is also large

(Fig. 10). As discussed in Chapter 5.2, there are various physical processes affecting the pattern

of surface warming, for instance changes in the snow/ice cover over the high latitudes. Hence,

even though climate models agree on amplified surface warming over the northern polar regions,

the magnitude of the change varies between the models [Collins et al., 2013]. Furthermore, the

intermodel differences are smaller over the low-to-mid latitudes and the Antarctica (Fig. 19a).

For the change in cloud cover, the intermodel standard deviation is large especially over

the northern high latitudes, relatively large over parts of the low-to-mid latitude oceans (for

instance the Eastern Pacific) and somewhat large over the Southern ocean (Fig. 19d). The

change in cloud cover was also large (Fig. 11) in these regions. The intermodel differences in

∆CLT are most likely due to uncertainty in the simulation of clouds, since parametrization of

several small-scale processes is needed in the simulation of clouds [Boucher et al., 2013].

For the TOA radiation fluxes, the standard deviations of ∆SW↑T OA (Fig. 19b) and ∆LW↑T OA

(Fig. 19c) are both amplified over the low-to-mid latitude oceans, presumably due to differences

in ∆CLT . Therefore, the spatial distribution of intermodel standard deviation of ∆SW↑T OA,cs

(Fig. 19e) approaches that of ∆T more clearly, since the intermodel differences in ∆SW↑T OA,cs

are notably larger over the high latitudes. Over the high latitudes, the standard deviation
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reflects the intermodel differences in projected snow and sea ice cover change that reduces the

reflected SW flux from the surface [Collins et al., 2013]. Similarly, the standard deviation of

∆LW↑T OA,cs (Fig. 19f) is slightly larger over the same regions, but the intermodel spread is

not as considerable as that of ∆SW↑T OA,cs.

The standard deviation of ∆SW↓ (Fig. 19g) is similar to that of ∆SW↑T OA, while the

intermodel variation in ∆SW↓cs (Fig. 19j) is minute compared to differences in other radiation

fluxes. The standard deviations of ∆SW↑ (Fig. 19h) and ∆SW↑cs (Fig. 19k) are amplified over

the high latitudes, similar to differences in ∆SW↑T OA,cs, and the intermodel variation is small

over the low-to-mid latitude oceans, where ∆SW↑ (Fig. 15b) and ∆SW↑cs (Fig. 15d) are both

small and the average change in surface albedo is negligible (Fig. 14).

The standard deviations of the surface LW fluxes are relatively large, and the difference is

amplified over the high latitudes and parts of the low-to-mid latitude oceans. The intermodel

standard deviation of ∆LW↑ (Fig. 19o) approaches in pattern that of ∆T , not surprisingly giv-

ing the dependence of thermal radiation on the surface temperature. The intermodel variations

in ∆LW↓ (Fig. 19i) and ∆LW↓cs (Fig. 19l) are large, probably due to intermodel differences in

projections of water vapor increase with surface warming [Räisänen, 2016]. Additionally, most

of the atmospheric re-radiation originates from the lower atmospheric layers where the temper-

ature change is approximately similar to the surface [Zhao et al., 1994]. Hence, the intermodel

differences in ∆T affect the standard deviations of the atmospheric re-radiation components.

The intermodel differences in ∆H↑ (Fig. 19m) are larger over the high latitudes and the

continents, and small over the low-to-mid latitude oceans, Greenland and the Antarctica. The

standard deviation of ∆LE↑ (Fig. 19n) is small over Greenland and the Antarctica, but larger

over other areas. For both of the turbulent heat fluxes, the intermodel differences are amplified

over the northern North Atlantic, where the magnitude of change was large (Fig. 18a,b). This

could be due to model-to-model differences in the projected changes in ocean circulation and

sea ice cover [Räisänen, 2016]. Over land, ∆LE↑ is partly affected by the change in surface

soil moisture content but intermodel agreement on the projections of the soil moisture change

is difficult to attain due to the multitude of physical processes included [Collins et al., 2013],

which could explain some of the intermodel variation in ∆LE↑, and consequently ∆H↑.

In conclusion, the largest intermodel variations occur over the high latitudes, presumably

due to the differences in the simulated snow and sea ice cover changes. For the all-sky radiation

fluxes, cloud cover projections affect the standard deviations, especially over the low-to-mid

latitudes. Since the water vapor feedback depends on the change in surface temperature, it

amplifies the differences in ∆LW↓ and ∆LW↓cs between models with different projections of

38



the warming.

(a) ∆T (K) (b) ∆SW↑T OA (c) ∆LW↑T OA

(d) ∆CLT (%) (e) ∆SW↑T OA,cs (f) ∆LW↑T OA,cs

(g) ∆SW↓ (h) ∆SW↑ (i) ∆LW↓

(j) ∆SW↓cs (k) ∆SW↑cs (l) ∆LW↓cs

(m) ∆H↑ (n) ∆LE↑ (o) ∆LW↑

Figure 19: The spatial distributions of the intermodel standard deviations of the change in

studied variables a-o. Units W/m2, unless stated otherwise.
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6.2 Intermodel agreement on the projected changes

In this section, the agreement among models is studied briefly with the ratio of the multimodel

mean to the intermodel standard deviation. The spatial distributions are depicted in Figure 20,

where the regions with highest/lowest magnitudes indicate stronger consistency in projections

across the models. Again, ∆SW↓T OA is not studied here. We first note that for ∆T (Fig. 20a),

∆LW↓ (Fig. 20i), ∆LW↓cs (Fig. 20l) and ∆LW↑ (Fig. 20o), the models show strong agreement

on the sign and magnitude of the change in every region, specifically over the low-to-mid

latitudes, Greenland and the Antarctica.

The models tend to agree on cloud cover projections mostly over the mid-latitudes, while the

consistency is less strong over the higher latitudes and weak in parts of the low-to-mid latitudes,

especially around the equator (Fig. 20d). Figures 20c and 20f show weaker agreement on the

projections of TOA LW fluxes over parts of the low-to-mid latitudes, but the multimodel mean

change in all-sky OLR (Fig. 12b) was also small in these regions. Interestingly, the models

show relatively significant agreement on the sign of projected changes in cloud-free SW radiation

fluxes (Fig. 20e, 20j and 20k), which were decreasing. Since changes in cloud cover affect the

other SW radiation components (Fig. 20b, 20g and 20h), the model agreement is weaker over

parts of the low-to-mid latitudes but the models show consistency in projected changes over

other regions. Additionally, the models tend to agree on the sign and magnitude of turbulent

heat flux projections (Fig. 20m and 20n), especially over the oceans and higher latitudes.

In conclusion, the models tend to agree strongly on the projections ∆T and the surface LW

fluxes, while the consistency in cloud-free SW flux changes across the models is also significant.

In the previous section, the standard deviations of the changes showed the magnitude of regional

intermodel differences of the projections, and this section examined agreement of the models

on the direction of the projected changes. The next section studies the intermodel correlation

between ∆T and other components, which helps us better identify the relationship between

these variables.
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(a) ∆T (b) ∆SW↑T OA (c) ∆LW↑T OA

(d) ∆CLT (e) ∆SW↑T OA,cs (f) ∆LW↑T OA,cs

(g) ∆SW↓ (h) ∆SW↑ (i) ∆LW↓

(j) ∆SW↓cs (k) ∆SW↑cs (l) ∆LW↓cs

(m) ∆H↑ (n) ∆LE↑ (o) ∆LW↑

Figure 20: The spatial distributions depicting the intermodel agreement (mean/standard devi-

ation) of the change in studied variables a-o.
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6.3 Intermodel correlations

(a) ∆SW↑T OA (b) ∆LW↑T OA

(c) ∆CLT (d) ∆SW↑T OA,cs (e) ∆LW↑T OA,cs

(f) ∆SW↓ (g) ∆SW↑ (h) ∆LW↓

(i) ∆SW↓cs (j) ∆SW↑cs (k) ∆LW↓cs

(l) ∆H↑ (m) ∆LE↑ (n) ∆LW↑

Figure 21: The spatial distributions of the intermodel correlations between ∆T and the variable

specified below the figure.
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The spatial distributions of the intermodel correlations between ∆T and each individual variable

are studied in Figure 21. In general, a stronger positive (negative) correlation with ∆T reflects

that models with enhanced warming also project larger increases (decreases) in the studied

variable. Again, the correlation between ∆SW↓T OA and ∆T was negligible, and therefore it is

not studied here.

We first note that there is a strong positive intermodel correlation between the changes in

LW fluxes and ∆T . At the top of the atmosphere, the correlation is high over the mid-to-high

latitudes, and small over lower latitude oceans and parts of the mid-latitude Southern oceans

(Fig. 21b). However, the correlation between ∆LW↑T OA,cs and ∆T is strongly positive almost

everywhere (Fig. 21e). For the surface LW fluxes, there is a strong positive intermodel correla-

tion in every region, especially with ∆LW↑ which is, as mentioned before, directly proportional

to the fourth power of the surface temperature (Fig. 21n). In models with larger ∆T , the

atmospheric water vapor content increases more and the greenhouse effect is stronger, which

partly explains the strong positive correlation between ∆LW↓ (Fig. 21h) or ∆LW↓cs (Fig. 21k)

and ∆T [Räisänen, 2016]. Furthermore, the warming of the lower atmospheric layers is also

larger in models with larger surface warming, and most of the atmospheric re-radiation occurs

from there [Zhao et al., 1994].

At the top of the atmosphere, the correlation between ∆SW↑T OA and ∆T is strongly neg-

ative over the high latitudes and parts of the mid-latitude oceans (Fig. 21a). The intermodel

correlation between ∆SW↑T OA,cs and ∆T is less strong over the high northern latitudes, and

relatively weak over the mid-latitudes (Fig. 21d). Over the high latitudes, the negative corre-

lations in both cases reflect the reduced snow and sea ice cover with larger warming [Räisänen,

2016]. The difference in Figures 21a and 21d is most likely explained by the changes in cloud

cover, since we note that ∆CLT correlates positively with ∆T over the high latitudes (Fig.

21c), where the correlation between ∆SW↑T OA and the change in temperature was stronger

compared to ∆SW↑T OA,cs. ∆SW↑ (Fig. 21g) and ∆SW↑cs (Fig. 21j) correlate negatively with

∆T over the high latitudes, where the intermodel standard deviations were also larger (Fig.

19). Significantly, there is a substantial negative correlation between ∆SW↓cs and ∆T over the

low-to-mid latitude oceans (Fig. 21i), which is most likely caused by increase in atmospheric

water vapor content in models with larger surface warming [Donohoe et al., 2014].

The intermodel correlation between ∆CLT and ∆T is negative over parts of the mid-latitude

oceans, positive over the Arctic Sea and the Southern oceans (possibly due to the reduced

ice cover), and relatively small in other areas (Fig. 21c). Additionally, there is a positive

correlation between ∆H↑ and ∆T over some land areas and the high-latitude oceans (Fig. 21l)
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and a stronger positive correlation between ∆LE↑ and ∆T over the high-latitude oceans and

parts of the low-to-mid latitude oceans (Fig. 21m). However, the strong correlations between

the changes in SW and LW fluxes and ∆T , presumably due to snow/ice cover reductions

and increases in atmospheric water vapor, reflect that in most part the radiation fluxes (not

including LW↑) amplify the intermodel differences in the projections of surface warming.

7 Conclusions

In this thesis, the present-day distributions and the future projections of changes in TOA

radiation fluxes and surface energy budget in 23 CMIP5 models were studied, with the baseline

period of 1981-2010 and the comparison scenario period of 2071-2100 (RCP8.5). Altogether

16 variables, including all-sky and clear-sky components of the radiation fluxes, turbulent heat

fluxes, cloud cover and near-surface temperature, were chosen to be examined, and the results

were presented as multimodel means. Additionally, the intermodel consistency of the simulated

changes was studied with the intermodel standard deviations and the ratio of multimodel mean

to the intermodel standard deviation. Furthermore, the correlation between ∆T and each

individual variable was discussed.

The positive energy imbalance at the top of the atmosphere, due to some external factor

(natural or anthropogenic), and the resulting accumulation of energy in the climate system

leads to warming of the surface and the lower atmospheric layers. Various feedbacks associated

with, for instance, changes in cloud cover, atmospheric water vapor content or the change in

ice/snow cover affect ∆T by altering the fluxes of energy that modify the pattern of surface

warming. The geographical distributions of changes in Chapter 5 as well as the intermodel

correlations in Chapter 6.3 give insight to the contribution of each energy balance component

to the near-surface temperature change.

We found that the global average temperature change, according to the simulations,

is 3.5 K. ∆T is positive in every region (Fig. 10), and the change is largest in the northern

high latitudes where ∆T is amplified by the snow/ice feedback [Holland and Bitz, 2003,Collins

et al., 2013]. The intermodel differences for ∆T are also amplified over the Arctic (Fig. 19a):

while the models generally agree on larger ∆T over the northern polar regions, the magnitude

of the warming varies between the simulations [Collins et al., 2013]. In addition, the simulated

warming is larger over land compared to oceans due to oceans’ higher heat capacity, increase in

latent heat flux over the sea surface and reduced soil moisture in drying land areas (decrease in

evaporation) [Collins et al., 2013]. The sea surface temperature change is smallest over North
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Atlantic and the Southern oceans, and largest in the Tropical Pacific.

The global average net radiation change at the TOA is 1.9 W/m2, and hence the

energy imbalance increases compared to the present-day value 0.9 W/m2 from Table 3, or the

estimate from Chapter 2.1 (0.6 W/m2 [Hansen et al., 2011]). On average, OLR increases due

to the simulated warming of the surface and the atmosphere. The change is modest compared

to the surface LW fluxes due to absorption of thermal radiation by increased GHGs in the

atmosphere and the effect of clouds, the latter explaining partly the geograpical variations in

∆LW↑T OA (Fig. 12b) and the amplified intermodel differences over the low-to-mid latitude

oceans for all-sky OLR (Fig. 19c). The intermodel correlation between ∆T and ∆LW↑T OA

(Fig. 21b) is high elsewhere but small over lower latitude oceans and parts of the mid-latitude

Southern oceans, presumably due to clouds, while the correlation between ∆T and ∆LW↑T OA,cs

(Fig. 21e) is strongly positive in almost every region, as expected given the temperature

dependence of LW flux magnitude.

For the TOA SW fluxes, the global mean change is negative and the reflection of incident

SW radiation is reduced due to absorption by increased water vapor in the atmosphere and

reduced surface albedo over high latitudes [Donohoe et al., 2014]. In other words, we found that

the TOA energy imbalance is enhanced not only by increase in OLR but also due to increase in

absorption of SW radiation, which further adds to the warming. The geographical distribution

of the net TOA SW radiation change (Fig. 12a) is affected by the changes in sea ice and snow

cover in the high latitudes, and additionally changes in cloud cover affect ∆SW↑T OA through

reducing or increasing the reflection from clouds. The intermodel differences in ∆SW↑T OA (Fig.

19b) are amplified over low-to-mid latitude oceans due to variations in cloud cover projections

(Fig. 19d), while the standard deviation of ∆SW↑T OA,cs (Fig. 19e) is larger over the high

latitudes reflecting the intermodel spread in projected ice and snow cover changes between the

models. The strongly negative correlation between ∆SW↑T OA and ∆T (Fig. 21a) over the

high latitudes and parts of the low-to-mid latitude oceans along with the negative correlation

between ∆SW↑T OA,cs and ∆T (Fig. 21d) over the high latitude oceans also reflect the changes

in cloud cover and the reduced sea ice and snow cover with larger warming, respectively.

The global averages for the projected changes in surface SW fluxes are all negative.

The clear-sky downward SW flux (Fig. 15c) decreases in most regions due to enhanced absorp-

tion of SW radiation by increase in atmospheric water vapor content [Donohoe et al., 2014].

The geographical distribution for the all-sky downward SW flux (Fig. 15a) differs from ∆SW↓cs

due to changes in cloud cover and reflection from clouds. The intermodel variation in ∆SW↓
(Fig. 19g) is similar to ∆SW↑T OA, while the standard deviation for ∆SW↓cs (Fig. 19j) is small
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and the models agree relatively strongly on the sign of the projected change (Fig. 20j). There is

a strong negative correlation between ∆SW↓cs and ∆T (Fig. 21i)over the mid-latitude oceans,

further suggesting that the absorption of SW radiation is enhanced in models with larger warm-

ing. For the upward SW fluxes (Fig. 15b, Fig. 15d), the changes in surface albedo (Fig. 14)

affect mostly the patterns of change, especially over the high latitudes where the sea ice and

snow cover are reduced due to the warming and the reflection of SW radiation decreases, the

intermodel standard deviations are larger (Fig. 19h, Fig. 19k) and the correlations with ∆T

are negative (Fig. 21g, Fig. 21j). On average, the net SW radiation towards the surface is

projected to increase slightly (Fig. 15e).

As was expected, the projected changes in surface LW fluxes are large with ∆LW↓
(Fig. 16b) and ∆LW↓cs (Fig. 16c) increasing even more than ∆LW↑ (Fig. 16a), and hence the

surface warming is amplified. The models agree strongly on the projected changes (Fig. 20i, 20l,

20o) and the correlation between the changes in surface LW fluxes and ∆T is strongly positive

in every region (Fig. 21h, 21k, 21n). The patterns of change for the surface LW fluxes follow

that of the surface temperature, since thermal radiation is directly proportional to T 4 and the

temperature change in the lower atmospheric layers (where most of the atmospheric re-radiation

originates from) is closely similar to ∆T at the surface [Zhao et al., 1994], partly explaining

the strong positive correlations. The enhanced greenhouse effect plays also a major role in the

projected change for the atmospheric re-radiation components, with stronger absorption and

emissions of the thermal radiation due to increase in GHGs, mainly water vapor.

The change in surface net radiation is positive in almost every area (Fig. 17), and part

of this excess energy is divided between LE↑ and H↑, while part goes to ocean heat storage

and to horizontal energy transfer. LE↑ decreases over areas of reduced soil moisture but, on

average ∆LE↑ is positive reflecting stronger evaporation with the simulated warming (Fig.

18a). Over the high-latitude oceans and parts of the low-to-mid latitude oceans, there is a

relatively strong positive correlation between ∆LE↑ and ∆T (Fig. 21m). Since the change in

soil moisture content affects ∆LE↑ (along with ∆T ), the standard deviation of ∆LE↑ (Fig.

19n) over land is partly explained by the intermodel variations in simulating the soil moisture

change [Collins et al., 2013]. Over land, ∆H↑ increases in the regions of reduced LE↑ and over

low-to-mid latitude oceans H↑ is decreasing slightly due to increase in LE↑ (Fig. 18b). The

change in both turbulent heat fluxes is strongly negative over the northern North Atlantic,

where the intermodel differences for ∆LE↑ (Fig. 19n) and ∆H↑ (Fig. 19m) are also amplified.

While ∆(R − H↑ − LE↑) is negligible over the land areas, it varies from negative values to

positive values over the oceans (Fig. 18c), reflecting presumably the projected changes in heat
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exchange between the ocean surface and the atmosphere.

Changes in cloud cover and cloud type affect the radiation fluxes, as was discussed in

Chapter 5.3. However, the simulation of clouds is a large source of uncertainty in climate mod-

elling [Boucher et al., 2013] and in simulating the changes in global temperatures [Räisänen,

2016]. We found that the intermodel differences in the projected ∆CLT are large (Fig. 19d),

and for the all-sky radiation fluxes the changes in cloud cover contribute to the standard devia-

tions over low-to-mid latitude oceans and the northern high-latitudes. However, the correlation

between ∆CLT and ∆T is negligible over many regions, except for parts of the low-to-mid lat-

itude oceans and northern high latitudes (Fig. 21c).

We conclude that even though the turbulent heat fluxes modify the pattern of surface warm-

ing, the more interesting factors are the changes in SW and LW fluxes, and the contribution of

the water vapor feedback and the snow/ice feedback that alter these radiation fluxes in the cli-

mate system (for the all-sky components, the changes in cloud cover are also important). While

the strong positive correlation between ∆LW↓cs and ∆T suggests that a dominating part of

the simulated warming is due to enhanced greenhouse effect and changes in the atmospheric

re-radiation flux, as anticipated, the strong negative correlation between ∆SW↓cs and ∆T most

likely means that the increase in atmospheric water vapor content also affects the SW radiation

fluxes. The contribution of projected increase in absorbed (clear-sky) SW radiation fluxes to

current and future global warming could be an interesting aspect for further studies. Donohoe

et al. (2014) propose that in the long-term climate simulations, the global warming is driven

by enhanced absorption of SW radiation, instead of just the LW radiative forcing by increased

greenhouse gases.

As we have noted before, the projections of future climate changes are uncertain due to

various reasons, including internal variability in climates system, technical modelling choices

and scenario assumptions. By looking at the multimodel projections of the future changes we

can characterize plausible outcomes of the future climate system. Additionally, we can get

estimates of the uncertainty as well as the model agreement by comparing the consistency of

the model-to-model projections using methods described in Chapter 6 or, for further studies,

using the methods discussed by Collins and others [Collins et al., 2013]. The confidence in the

future projections presented in this thesis could be improved further by adding more climate

models to the ensemble or comparing the results from different emission scenarios to RCP8.5.

A weakness in this thesis is that the causes behind the pattern of surface warming cannot

be directly deduced with certainty from changes in the energy budget components presented in

Chapter 5, even though understanding the effect of feedbacks to the changes in energy fluxes
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gives some confidence in the results, and especially the intermodel correlations from Chapter 6.3

give a more straightforward analysis of the plausible relation. One possbile approach is relating

∆T with the energy budget and to express the temperature change in terms of the projected

changes in the studied variables, a method suggested for example by Räisänen [Räisänen, 2016].

An advantage of this method is to see more directly the sign and magnitude of the regional

temperature change due to each variable, and to compare the dominating factors in different

areas. In addition to the geograpical distributions of the changes, changes in the seasonal

variation of the energy budget components and their relation to ∆T in different regions could

be studied further.
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