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Chapter 8

Sea ice modelling

Matti Leppäranta, Valentin Meleshko, Petteri Uotila and Tatyana Pavlova
This chapter presents the geophysical background of mesoscale to large-scale sea ice modelling,
discusses the structure of existing advanced models, and shows results from model simulations on
future sea ice conditions in the Arctic Ocean. The first and second section introduce the theory of
material description of sea ice, sea ice thermodynamics, and the fundamental equations of sea ice
dynamics – conservation laws of ice, momentum and heat, and sea ice rheology. Thermodynamics is a
one-dimensional problem while dynamics when integrated across sea ice thickness becomes a twodimensional problem, and they are linked together by the ice conservation law. Forcing of sea ice
dynamics and thermodynamics is via atmospheric and oceanic boundary layers, where
parameterizations of exchange of momentum, heat, moisture, and salinity are of key importance.
Sea ice properties relevant to climate are primarily sea ice extent, concentration and thickness.
Mesoscale and large-scale sea ice models treat sea ice as a continuum by thickness distribution. These
models consist of momentum equation, conservation laws of heat, salt and ice, and ice rheology. The
main models used for climate investigations are the Los Alamos model CICE (Community Ice CodE)
and LIM (The Louvain-la-Neuve Sea Ice Model), which are reviewed including their parameterizations.
Moreover, the performance of these two main models are briefly assessed against observational
reference data based on hindcasts and projections. Aspects of data assimilation are discussed where
modelling is closely linked to sea ice remote sensing data.
Specific attention is given to model performance in sea ice simulation using runs from CMIP3
(Coupled Model Intercomparison Project, Phase 3) and CMIP5 (Coupled Model Intercomparison
Project, Phase 5). Sea ice extent and thickness are considered as the most important climate variables,
which are needed for validation of current climate models. To validate model performance,
comprehensive data sets are also required. Several important characteristics were considered and
compared with observations: sea ice cover for seasons with maximum and minimum sea ice extent,
sea ice trend in September, sea ice annual cycle, linear trend of sea ice area and volume, sea ice
thickness distribution. A brief review is also provided for sea ice assimilation system and its current
performance capability.

8.1

Sea ice geophysics

8.1.1 Sea ice fields
A "sea ice landscape" consists of leads and ice floes with ridges, hummocks and other morphological
characteristics. Mechanical behavior of sea ice fields depends largely on ice concentration, the relative
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area of ice in a given spot, and ice thickness (e.g., Rothrock 1975b; Hibler 1986; Leppäranta 2011).
Ice types have been defined originating from practical shipping activities in ice-covered waters (WMO
1970-2017). They are based on the appearance, i.e. on how the ice looks to an observer on a ship or in
an aircraft (Fig. 8.1). The formation mechanism, aging and deformation influence the appearance,
which therefore contains information of the ice thickness, for which direct measurements are limited.
Sea ice fields undergo continuous changing due to thermal and mechanical processes. It is one of the
fundamental tasks of sea ice geophysics to understand and model the evolution of the ice conditions in
a basin-wide scale.

Figure 8.1 Drift ice material shown in a satellite image and in a photograph taken from a ship. The
satellite image is over the Barents Sea; the length of the island Novaya Zemlya on the right is about
1000 km. Satellite image © NASA, Visible Earth Team.
Sea ice is examined over a wide range of scales. Microscale includes individual grains and ice impurities
extending to 0.1 m. In the local scale, 0.1–10 m, sea ice is a solid polycrystalline continuum with substructure classified according to the formation mechanisms. Ice floe scale extends from 10 m to 10 km,
including individual floes and ice forms such as rubble, pressure ridges and landfast ice. On larger scales,
the sea ice medium is called drift ice, and, as in dynamical oceanography, mesoscale refers to 50–500
km and large scale beyond that. The internal time scales of drift ice are 1–2 hours due to inertia and 10–
100 days due to advection and deformation. Forced periodic variations are caused by shallow water
waves, Earth’s rotation, and tides.
Sea ice grows by different thermodynamic mechanisms, which show up in a layered vertical structure.
The main forms of ice are congelation ice, snow-ice and frazil ice (Eicken and Lange 1989). Congelation
ice crystals grow down from the bottom of ice as normally ice grows in lakes. It is the dominant form
of ice in the Arctic Ocean. Frazil ice is produced in open water areas – leads and polynyas – when
turbulence, surface waves and currents prevent the formation of a thin, solid ice cover. Snow-ice grows
from slush, mixture of snow and liquid water, which can be seawater, melt water or liquid precipitation.
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It is common in the seasonal sea ice zone where snow accumulation is large. There are two more specific
forms of ice: anchor ice and platelet ice. Anchor ice forms in the sea bottom in turbulent conditions in
shallow regions, and it may rise to surface with bottom sediments due to its buoyancy. This is observed,
e.g., in the Siberian shelf. Platelet ice forms in Antarctic waters next to floating ice shelves, which act
as a condition to the start-up (Langhorne et al. 2015). Upwelling glacial meltwater becomes supercooled
and forms large platelet crystals onto the bottom of sea ice.
The thickness of sea ice is defined as the distance between the upper and lower ice surfaces. It is an
irregular field because of fracturing, new ice growth in leads, and ridging and hummocking. Thermal
growth may reach 2 m in one year, which is called first-year ice, and 3–5 m in a few years, which is
called multiyear ice. Thickness of ice provides the two-dimensional ice strength and the ice volume. In
ice engineering the thickness is a key parameter in estimating ice forces on structures (e.g., Palmer and
Croasdale 2012). Ice floats on sea surface since its density is about 10 % less than the density of
seawater. The freeboard is, according to Archimedes’ law,
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where ./ 0 .- 12341.5 1are the densities of ice, snow and water, respectively, and hf and hs are the ice floe
and snow thicknesses. This equation is the basis to estimate sea ice thickness from freeboard or draft
measurements. The potential energy of floating ice is (Rothrock 1975a)
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where g is the acceleration due to gravity. Potential energy production is important in ice dynamics since
it is correlated to the work done to build deformed ice.
The horizontal structure of drift ice fields is well revealed by optical satellite images (Fig. 8.1). The
elementary particles are ice floes, described by their thickness and characteristic diameter d. The floe
size varies over a wide range and may reach tens of kilometers in the Central Arctic Ocean. The behavior
of a drift ice field depends on its horizontal size L and the thickness and size of ice floes. The ratio hf/L
tells of the stability of the ice cover in that for large hf/L forces do not build up enough to break ice
cover.
A drift ice material particle is a set of ice floes, with its size D it contains ! (D/d)2 floes. For the
continuum approach as normally taken, the number of floes in the particle should be large or >?@ A %B.
Also, the particle size should be much less than the scale of changes or the gradient scale C #

D
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Q is an ice field property. Summarizing,
d << D << !

for a continuum, or

(8.3a)

d~D~!

for a discrete system

(8.3b)
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where

In the real world we have something between, i.e. d < D < !. As D approaches !, discontinuities build
up, and as D approaches d, a few floes system appears. Depending on the region, d ~ 101–104 m, D ~
103–105 m, and ! ~ 104–106 m. In the continuum theory, the field variables such as ice velocity are
defined for each drift ice particle (cf. fluid parcels in fluid dynamics) but because of the finite size of
the floes their individual features may play a role in the ice motion. Thus, model applications include a
basic inaccuracy, when the grid size goes too close to the characteristic floe size.
The areal coverage of ice is given by sea ice concentration or compactness A. For uniform circular floes,
F
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dense packings are between G H BIJK and 9LM H BIK% depending on the arrangements of floes. Then
further compression necessitates ice breakage and pressure ice formation. For distributed floe sizes, in
general a larger dense packing is possible. Ice compactness and ice floe thickness are the fundamental
material properties of drift ice. The field quantity mean ice thickness represents the influence of both
thickness and compactness and is defined as ! # N!O+ , where the tilde stands for spatial averaging.
Sea ice floes break continuously into smaller pieces, and in the cold season they are at the same time
frozen together to form larger ones. Floes are convex. In winter they are typically rectangular or
pentagon shaped while in summer sharp corners wear and the floes become rounded (Timokhov 1998).
Floe size distributions show statistical regularity based on random floe break-up mechanisms. Indeed,
according to observations, the frequency of floe size is steadily falling toward larger values with no local
peaks or gaps (Fig. 8.2). Power laws are often fit for the distributions with exponent around 2 (Toyota
et al. 2006; Perovich and Jones 2014). A classical random breakage model, where the breakage
probability is independent of the floe size, gives the logarithmic normal distribution (Kolmogorov 1941).
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Figure 8.2 Left: Floe size distributions from the Arctic Ocean. Right: Comparison of the shapes of
logarithmic normal and power law distributions, scaled for median at 500 m.
Left, Reproduced from Rothrock and Thorndike (1984), with permission from the American
Geophysical Union.
In general, the log-normal model works well, since there are more or less randomly distributed cracks
due to thermal, hydrostatic, tidal and wind loads to initiate breakage events. Apart from small floes,
power laws provide a good approximation to the log-normal distribution. The question is then how to
formulate the breakage probability, which would lead to the exact form of the distribution (Lensu 2003).
Only in the case of small floes physical mechanisms can be found to produce a favorable floe size. At
the ice edge penetration of swell into ice field provides a specific breakage length scale (Wadhams 1978;
Squire et al. 1998; Squire 1998). Fracturing of ice floes shows some regularities but the scales depend
on the mode of deformation (Goldstein et al. 2009).
A sea ice cover can be divided into zones in regards with its dynamics (Weeks 1980; Leppäranta 2011):
central pack, shear zone, landfast ice, and marginal ice zone. The central pack consists of the interior
ice free from immediate influence from the boundaries. Shear zone and landfast ice form the coastal
boundary zone, while marginal ice zone is the boundary zone toward the open ocean. Landfast ice zone
is located next to the shoreline, stationary for most of the time. Its width depends on the thickness of
ice, topography of the sea bottom, and the areal density of islands and grounded forms of ice. Lateral
extent of landfast ice grows stepwise, in almost discontinuous manner (Divine 2003; Leppäranta 2013).
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Grounding of sea ice ridges creates fixed support points to stabilize the ice sheet, and because of the size
of ridges and ice thickness, in Arctic seas the landfast ice zone extends to 10–20 m depths (Zubov 1945;
Volkov et al. 2002). Deterioration of landfast ice begins from shoreline and outer edge. and during the
process it may break and drift away (Yang et al. 2015).
Drift ice is found beyond the landfast ice. Shear zone forms its boundary zone next to the landfast ice.
There the mobility of ice is restricted by strong internal friction and the boundary geometry. Welldeveloped shear zone is found at the coast of the Beaufort Sea (e.g., Hibler et al. 1974). Marginal ice
zone (MIZ) lies along the boundary of open water and sea ice cover. It is characterized as the drift ice
area, which "feels the presence of the open ocean" and extends to a distance of 100 km from the ice edge
(Wadhams 1980a; Squire 1998). This distance corresponds to the penetration distance of ocean swell
into a drift ice field, and also this distance corresponds to the length scale below which the in-ice wind
fetch is not long enough to build ice ridges. Well-developed MIZs are found along the oceanic ice edge
of the polar oceans, locating close to the polar fronts. At a compact ice edge, there is a discontinuity in
the surface velocity and roughness and possibly a front in temperature and salinity in the boundary layer
below ice. They effect on the mesoscale circulation in the ocean, resulting in eddies and jets as well as
ice edge upwelling and downwelling, see the MIZ Section in Chapter 3.1 for details. A front may also
form in the atmospheric boundary layer.
Drift ice is a peculiar geophysical medium (see Leppäranta 2011). Its mechanical properties depend
primarily on the thickness. The presence of open water and thin ice provides more freedom for motion
and deformation, while compact thick ice gives strong resistance to deformation. Drift ice is granular:
ice floes are the elementary particles and the drift takes place on the scale of the floes or plates and
larger. Ice moves on the sea surface plane with no vertical velocity structure, and thus ice drift can be
treated as two-dimensional. Locating almost on a geopotential surface, packing densities of ice floes
easily change and therefore drift ice must be taken as a compressible medium. The rheology of drift ice
is highly non-linear, much different from the air above and water below. Finally, by freezing and melting
an ice source/sink term is included in the ice conservation law.

8.1.2 Sea ice thickness distribution
In the drift ice theory, the spatial distribution of ice thickness represents the material state of drift ice.
The concept of the thickness distribution was introduced by Thorndike et al. (1975). Ice thickness is a
field variable h = h(x, y; t), and its characteristics are considered over the continuum length scale. In this
approach, the spatial structure of the thickness field is not accounted for but, for a continuum element
P, all thickness values are collected into a univariate distribution, which shows the occurrence densities
of different thickness values. The area of ice thinner than or equal to " can be formulated as
Q:R < # SP TUR & !:V0 W0 X<Y@P

(8.4)
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where H is the Heaviside function, H(z) = 0 (1) for z " 0 (z > 0). Thus S(0) is the area of open water and
S(#) is the total area of P. The normalised form $(") = S(")/S(#) is the spatial ice thickness distribution.
The thickness distribution is not continuous everywhere since part of the spatial density mass is
concentrated in open water and in homogenous ice patches. The derivative (in the generalized sense) of
$, %(") = d$/d", is the spatial density of ice thickness, which can be written formally as a sum of a
discrete part and a continuous part:
Z:R < # [\ Z\ ] :R & R\ < ^ Z_:R <

(8.5)

where & is Kronecker’s delta-function, %k’s are the spatial portions of discrete thicknesses "k, k = 0, 1…,
and %’ is the continuous component of the distribution.
The thickness distribution has the following mathematical properties: (i) $(0+) = 1–A and $(#) = 1 by
definition; (ii) The first moment is the mean ice thickness; and (iii) The second moment is proportional
to the mean potential energy of the ice (see Eq. 8.2). There is no simple general form for the distribution
function because of the very large time-space variability of ice thickness, and therefore discrete
histogram approximations are used. Ice compactness and governing thicknesses show up as peaks, and
the upper tail falls exponentially down. Fig. 8.3 shows ice thickness distributions from the Arctic Ocean.
The multi-year peak is well developed in the Beaufort Sea.

Figure 8.3 Observed ice thickness distributions. Left: Fram Strait (Wadhams 1980a). Right:
Antarctica, Atlantic sector (Wadhams et al. 1987). Redrawn from the originals.
Sea ice ridges are a particular form of deformed ice (Fig. 8.4). They are the thickest sea ice formations,
typically 5–30 m, and over large areas their volume may account for up to about one-half of the total ice
volume. In sea ice dynamics, ridging is the main sink of kinetic energy in deformation due to friction
and production of potential energy (Rothrock 1975a), and ridges are important hydrodynamic form drag
elements at the air–ice and ice–water interfaces. In ice engineering ridges are of deep concern because
they are connected with the highest ice loads on structures within first-year ice fields, because of their
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scouring of the sea bottom, and because of their influence on on-ice traffic conditions. A simple
structural model of ridges (Figure 8.4) consists of a triangular keel and sail, described by the keel depth
hk, sail height hs, slope angles ', and porosity q; ' ! 30° (keel) or 20° (sail) and q ! 0.25 (e.g., Timco
and Burden 1997). A more general model would have a trapezoidal keel. A ridge undergoes continuous
evolution due to freezing, melting and erosion, becoming smoother with time (Leppäranta et al. 1995).
A limit exists for the ridge growth (Parmerter and Coon 1972; Hopkins and Hibler 1991) since the ice
sheet becomes too weak to penetrate into the growing ridge to push it up and down further. This limiting
size depends first of all on the thickness of the parent ice sheet, only very few ridges grow this much.
The record ridge size come from the Beaufort Sea (Wright et al. 1978): sail height 12 m and keel depth
45 m.

Figure 8.4 An ice ridge shown in a field photograph and in a schematic cross-sectional diagram.
In shallow areas where the sea depth is less than the keel depth, grounding takes place and ridges anchor
to fixed “ice islands”. This is typically observed at the landfast ice boundary. Grounded ridges serve as
tie points to the ice and aid the landfast to extend farther away from the coast. Grounded ridges, when
moving, scour the ocean bottom, and the keel may penetrate deep depending on the bottom material. As
a consequence, cables and pipes laid on the floor of shelf waters must be buried deep enough to avoid
damage from scouring keels. In low coastal areas, sea ice may ride up on shore up to hundreds of meters
when forced by strong wind (Sodhi 2015).
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The spatial distribution of ridging is described in terms of their size and occurrence. Sail heights or keel
depths follow the exponential distribution (Wadhams 1980b; Wadhams and Davy 1986). Representative
values for the mean sail height and keel depth in the Central Arctic are 1.2–1.4 m and 8–14 m,
respectively. Ridge spacings along lines over drift ice fields follow the logarithmic normal distribution
(Wadhams and Davy 1986), suggesting that new ridges would be randomly born between existing
ridges. Representative values for the mean ridge spacing are 5–10 km–1 in Arctic Ocean (Hibler et al.
1972). The inverse mean ridge spacing (µ) is called the ridge density, equal to the mean number of
ridges per length. In the Central Arctic Ocean ridges rather form in refrozen leads, and, in turn, the birth
of ridges follows the distribution of lead spacings and inherits the logarithmic normal form from floe
sizes. Assuming spatial isotropy, one- and two-dimensional characteristics are related through (Mock et
al. 1972)
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(8.6)

where LR is the total length of ridges in the horizontal area P. However, in the shear zone anisotropy in
ridge orientation is often observed because the geometry of the coastline has a strong influence on
fracturing of ice cover.

8.1.3 Sea ice thermodynamics
Thermal growth of sea ice results from heat loss to atmosphere and depends on the mode of ice formation
mechanism (Fig. 8.5), while sea ice melting progresses in similar manner for all ice types. The surface
heat balance is written as (e.g., Maykut and Untersteiner 1971; Makshtas 1984; Curry and Webster
1999):
cd # :% & e <:% & f<c- ^ gd :c`h & ijdG < ^ ck ^ cl ^ cm

(8.7)

where Qs is incoming solar radiation, ( is albedo, ) ~ # is the solar radiation penetrating into the ice
(optical band), gd 1is the emissivity of the surface, c`h is the atmospheric thermal radiation, * is the
Stefan-Boltzmann constant, T0 is the surface temperature, QH and QE are the turbulent sensible and latent
heat fluxes, and QP is the heat flux from precipitation. Sunlight penetrates into ice and deeper below
with attenuation coefficient of + ~ 1 m–1 (see Perovich 1998) At the ice bottom, there is nonnegative
oceanic heat flux, Qw, which is independent of the ice itself.
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Figure 8.5 Schematic picture of thermodynamics of ice growth.
The classical sea ice thermodynamics problem concerns congelation ice, which is the dominant ice type
in the Arctic Ocean (Maykut and Untersteiner 1971). The heat conduction law of sea ice is written as
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where ./ is ice density, ci is specific heat of ice, T is temperature, t is time, z is depth, ,i is thermal
conductivity of ice, c-u # :% & e <fc- is the fraction of solar radiation penetrating into the ice, Mi is
internal melting, M0 is surface melting, j+ is freezing point temperature of sea water, and Lf is latent heat
of freezing. Snow can be accounted for here as the surface layer with its own thermal properties.
Congelation ice may grow or melt at the bottom depending on the heat conduction and the oceanic heat
flux. Melting can take place also at the surface or in the interior if heat becomes available from surface
heat balance or solar radiation, respectively. Sublimation of ice at surface is not considered, although it
is important in lakes in cold, arid regions (Huang et al. 2012).
The growth process is different for snow-ice and frazil ice from congelation ice. For snow-ice Eq. (8.8c)
is modified into
op
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where - is porosity of snow, and hsi refers to the bottom of the snow-ice layer (Leppäranta 1993;
Saloranta 2000; Shirasawa et al. 2005). The growth rate of snow ice can be -.1 ! 3 times faster than that
of congelation ice.
In case of frazil ice production, the thermodynamics is simple. Heat loss from the open sea surface with
temperature at the freezing point accumulates into frazil:
./ {+

o|€
oq

# cd ^ c-u ^ c5 • j‚ # j+ 1

(8.10)
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where hF is the volume of frazil per unit area. E.g., for 35 W m–2 loss in one day 1 cm of frazil results
per unit area. If open water prevails a long time, large volume of frazil can be produced in cold weather.
But frazil ice problem has two or three dimensions since frazil crystals are transported downstream and
accumulate later into flocs to form finally pancake ice. In shallow areas frazil can accumulate also on
the sea bottom.
The scales of annual sea ice thickness cycle can be understood by analytic modelling. Firstly, Zubov’s
(1945) growth model, which is an extension of the Stefan model with ice–air heat transfer included (see
also Leppäranta 1993), gives the first-year congelation ice thickness as
!8 # Lƒ9 Q ^ „9 & „

(8.11)

where h0 is the initial thickness, a ! 2–3 cm °C–1/2 d–1/2 and b ~ 10 cm are semi-empirical parameters and
S is the number of freezing-degree-days. In this approach, oceanic heat flux is assumed small that is
usually true in the Arctic Ocean. The scale of snow-ice thickness depends on the availability of snow.
The annual snow accumulation provides an upper limit of first-year snow-ice thickness, around one
meter. For frazil ice, we can estimate that based on the Arctic atmosphere–ocean heat balance, frazil ice
production can be 1–5 cm per day. This may lead to large volume of ice from a persistent opening, a
”frazil factory”, distributed laterally into a wide field.
Melting begins when the ice has warmed up and the heat flux into ice continues to be positive. The
timing of this turn depends largely on the latitude, air temperature and precipitation. During the melting
period, the ice is nearly isothermal. Heat conduction can be ignored, in Eq. (8.8), and then the external
heat flux is changed into latent heat of melting. Different ice types melt by the same mechanisms but
there are quantitative differences depending on the albedo and light attenuation coefficient. Also, during
the melting season, porosity increases and the strength of the ice cover can reach below the limiting
level needed to keep it together. Mechanical breakage takes place, and then the rest of the ice melts fast.
Melting depends primarily on the radiation balance accounting for a reduction of ice thickness by /h ~
# – 1 m in the Arctic summer. The thickness of second-year congelation ice is then !9 #
…:!8 & †! <9 ^ ƒ9 Q ^ „9 & „, and finally the multi-year ice equilibrium thickness !‡ becomes from
the condition !ˆu8 # !ˆ 1:# !‡ < as
|Š

‰
!‡ # 9‹|
& ‹!

(8.12)

With a normal level of freezing-degree-days in the Central Arctic, 5000 °C d and taking the growth law
coefficient a = 3, we have h1 ! 2 m. Then for summer melt of # m the multi-year ice thickness becomes
about 4 m (Fig. 8.6).
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Figure 8.6 Multi-year ice thickness and first-year ice for different summer melt based on analytic
solution.
When the solar radiation increases, albedo begins to decrease at some time due to snow recrystallization
and moistening, providing positive feedback. The radiation balance is
cŒ # :% & e <c- & gd :c`h & ijdG <

(8.13)

In the Arctic latitudes, solar radiation can be 500 W m–2 at daily maximum and the level of net longwave radiation is –50 W m–2. Since dry snow has a high albedo, around 0.9, it is difficult to reach a
positive radiation balance. If air temperature is close to 0°C, we must have e • gh where gh is
atmospheric emissivity, to reach positive radiation balance. To decrease the albedo, minor melting of
snow may take place at solar noon to be followed with recrystallization when the sun is low. Another
possibility to initiate melting is warm air advection. Whichever way started, positive albedo feedback
keeps the melting ongoing and strengthening. In the case of snow-free ice, the radiation balance easily
becomes positive, and the transparency of the ice determines how the net solar energy is distributed with
depth in the ice and the underlying water body.
Boundary melting and internal melting can be of the same magnitude, with the exact levels depending
on the weather conditions during the melting season. Typical to the melting is the strong lateral
heterogeneity, which appears as a patchy surface with snow-covered and bare spots and melt ponds.
This patchiness develops due to the positive albedo feedback. Internal melting increases the brine
pockets, and once the porosity approaches 50 %, the ice has lost its strength and breaks. This is
particularly important in the deterioration of the landfast ice zone in the Arctic (Yang et al. 2015).
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The physics of melting can be simplified assuming that the temperature is at the melting point across
the ice sheet. There is no conduction, and melting ice is characterized by two parameters, ice thickness
and mean porosity •Ž (Leppäranta 2015):
•|
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The net ice volume per unit area is !:% & •Ž<. Internal deterioration starts only after the snow has melted.

8.1.4 Sea ice dynamics
In sea ice dynamics we consider the drift of individual floes or the drift of a system of ice floes, a drift
ice field. The validity of continuum approximation requires that the size of drift ice particles should be
an order of magnitude larger than the characteristic floe size. Apart from the scaling, the floe size and
shape information are not crucial. When ice floes reach their maximum packing density, the nature of
material behavior changes. In low compactness conditions, floe interactions do not develop high
stresses. But when the ice pack closes up, ice floes form contacts with others, grouping together and
losing much of their individuality and causing stresses to increase to a significant level.
A drift ice field is described with the ice thickness h and velocity u. A ‘point’ in the drift ice field is a
finite cell, where the velocity is represented by the average value while the drift ice state is represented
by the ice thickness distribution. The equation of motion can be derived by integrating across the
thickness of ice for the lateral velocity. In this integration, acceleration terms are just multiplied by ice
thickness, and the internal ice stress results in internal friction and surface stresses at the top and bottom
boundaries. The general form of the equation of motion of sea ice is (Fig. 8.7)
o˜

./ ! oq ^ ˜ ™ E˜ ^ š› œ ˜ # E ™ • ^ žŸ ^ ž5 ^

(8.15)

where f is Coriolis parameter, k is unit vector vertically upward, * is internal ice stress, žŸ and ž5 are
the air and water stresses on the top and bottom surfaces of ice, and G is the surface pressure gradient
(e.g., Hibler 1986; Leppäranta 2011).
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Figure 8.7 Schematic picture of physics of sea ice drift.
The rheological law of drift ice is in general form
• # •:¡0 ¢0 ¢£ <

(8.16)

where J is ice state, which depends on the thickness distribution, 0 is strain, and ¢£ is strain-rate. The
simplest rheology is ‘no-stress’, known as the free drift. The main drawback of this model is that
mechanical ice accumulation is not limited by any resisting force, and unrealistic ice thickness fields
may result. Nevertheless, free drift is applicable for A < 0.8, when stress levels are very small. Realistic
rheologies of compact drift ice (A > 0.8) have the following general properties: (1) Ice strength is
sensitive to ice compactness; (2) Yield strength >> 0 for A ! 1; (3) Compressive strength > shear
strength; (4) Tensile strength is small; and (5) No memory. Plastic rheology laws were introduced for
drift ice in the 1970s in the AIDJEX (Arctic Ice Dynamics Joint Experiment) program with yield strength
increasing with ice thickness (Coon et al. 1974; Pritchard 1975; Hibler 1979). Scaling and fracture of
sea ice was analyzed in a monograph of Weiss (2013).
To solve the plastic flow in numerical modelling, stresses below the yield level must be solved. This
involves small deformations. In the original plastic drift ice rheology, the small deformation regime was
taken care by an elastic model (Coon et al. 1974; Pritchard 1975). A few years later, Hibler (1979)
introduced a viscous-plastic rheology, which is more feasible for long-term sea ice simulations. These
rheologies have served as the basis of later plastic models, where the main concern has been the shape
of the yield curve and the speed of the numerical solution. A computationally effective elastic-viscousplastic model was developed by Hunke and Dukewicz (1997) with a technical elastic term added to the
Hibler (1979) viscous-plastic model. This model has become widely used. Anisotropic plastic rheologies
have also been introduced (Coon et al. 1998).
Isotropic plastic drift ice rheologies have the minimum of three physical parameters: compressive
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strength, shear strength and stress level dependence of ice state. The ratio between compressive and
shear strength provides the shape of the yield curve, while the stress level defines the curve size. A
common form of the compressive strength is
¤ # ¤ˆ ! ˆ ¥‘¦U&§ :% & N<Y

(8. 17)

where Pn and n are the compressive strength parameters, and C is the strength reduction constant for
opening. We can allow the power to vary in the range # " n " 2, depending on the mode of deformation
(see Coon et al. 1974). Due to the high sensitivity of strength to compactness, we have C >> 1. In the
original version of this formula (Hibler 1979), n =1 and C = 20 but also the choice n = 2 has been later
employed.
Two-dimensional plastic yielding is specified with a yield curve ¨:i8 0 i9 < # B where *1 and!*2 are the
principal stresses (Fig. 8.8). Drucker’s postulate (Drucker 1950) see also Coon et al. 1974) for stable
materials states that the yield curve serves as the plastic potential, and consequently the failure strain is
directed perpendicular to the yield curve, known as the normal, or associated flow rule (e.g., Davis and
Selvadurai 2002). When the ice fails, the plastic flow is obtained from the equation of motion. Drift ice
is strain hardening in compression, and therefore pressure ice formation may proceed only to a certain
limit.

Figure 8.8. (a) Drift ice yield curves: Coulomb or triangular (Coon et al. 1974), teardrop (Coon et al.
1974), and elliptic (Hibler 1979); (b) Compressive strength of drift ice as a function of compactness
for (a) Floe collision models (Shen et al. 1986), (b) Floe contact models based on Harr (1977), and (c)
Standard version of Hibler (1979) sea ice rheology. (a) and (b) have been constructed by combining
from the originals.
Another approach was recently proposed considering drift ice as an elastic-brittle medium (Girard et al.
2007). This approach assumes that ice deformation is based on multiscale fracturing and friction and
gives a more realistic structure for ice deformation vs. length scale (Schulson 2004; Weiss and
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Dansereau 2016). The model was later expanded into a Maxwell elastic-brittle rheology by Dansereau
et al. (2015). The elastic-rheology allows a more detailed and physically based description of fracturing
of ice cover, while the classical plastic modelling provides a feasible solution to sea ice dynamics with
minimum number of parameters.
Sea ice cover is forced by the tangential air–ice and water–ice stresses (e.g., Andreas 1998; McPhee
2008) and the surface pressure gradient. These are given, respectively, by
žh # .h §h ©h :ª«¬ -h ^ ¬®3 -h › œ<©h

(8.18a)
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where Ca and Cw are air and water drag coefficients, 1a and 1w are the boundary layer angles in air and
water, Ua and Uw are the surface wind and current velocities, and " is the water level elevation.
Representative values of the parameters are for geostrophic flow, in neutral stratification, Ca = 2.5$10–3
(Andreas 1998), Cw = 5.5$10–3 (McPhee 2008) and 1a = 1w = 25°. In a stratified fluid, the drag parameters
depend also on the stability of the stratification (Andreas 1998; McPhee 2008).
The lateral boundary of a sea ice field can be solid, i.e. shoreline, where the ice velocity is zero, or free,
where the ice does not support normal stresses. The boundary conditions are often replaced by a
simplified form: open water is defined as ‘ice with zero thickness’ and then the open boundary question
is removed. Landfast ice is often taken as a solid boundary condition that can be seriously biased in the
ice melting season (see Yang et al. 2015).
Table 8.1 shows a magnitude analysis of the terms of the equation of motion based on the typical scales.
Wind stress is the main driving force, largely compensated by ice–water stress and the internal friction.
Coriolis acceleration is important for thick ice. In free drift, internal friction is zero and the wind stress
is compensated by ice–water stress. The inertia can become significant for very rapid changes in the
forcing. Advective acceleration is very small and will remain smaller than the ice–water stress term as
long as H/L < Cw, a condition that is valid except for extremely exceptional cases.
Table 8.1. Scaling of the equation of motion of drift ice. The representative elementary scales are: ice
thickness H = 1 m, ice velocity U = 10 cm s–1, ice strength P = 50 kPa, wind velocity Ua = 10 m s–1,
water velocity Uw = 0, surface slope!2" = 10–6,!!time T = 1 day, and horizontal length L = 100 km.!!
Term

Scale

Value (Pa)

Comments

Local acceleration!

3HU/T!

0.001!

0.025 for rapid changes (T = 1 h)!

0.0001

Long-term effects may be significant

Advective acceleration!! 3HU2/L!
Coriolis term

3HfU

0.01

0.05 for H = 3 m and U = 20 cm s–1

Internal friction

PH/L

0–0.5

0 – open ice field, 0.5 – compact ice field
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Air stress

3!CaUag"

0.25

Mostly significant

Water stress

3#CwU"

0.05

0.2 for U = 20 cm s–1

Pressure gradient

3Hg2"

0.01

Mostly less than Coriolis term

There are three principal time scales: local acceleration j± #

²) k
³

`

, advection j´ # ³, and the inertial

period f–1. These time scales are well separated, TI << f–1 << TD.
In free drift, by definition, we have E ™ • µ B. Since the momentum advection is very small and TI < 1
h, an algebraic steady state equation results as a very good approximation (Ekman 1902; Nansen 1902;
see also Leppäranta, 2011):
u = ua + Uwg

(8.19a)

where ua is the wind-driven velocity and Uwg is geostrophic current velocity: The wind-driven part is
¶

given by the surface wind factor ³· # ¸I¹º and the deviation angle, which tells that the direction of ice
·

drift is about 30° to the right of the surface wind in the northern hemisphere (Fig. 8.9).
!"#$%&'()*#$'+,-($.#$/&0%1+2#/3

!"#$%&'()*#$'+,-($.#$/&0%1+2#/3

Figure 8.9 (a) The free drift solution as the vector sum of wind-driven ice drift and geostrophic current
(when the Coriolis acceleration is significant). (b) Illustration of the solution of ice drift in the presence
of internal friction in the marginal ice zone.
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In compact ice, the forcing needs to be strong enough to break the yield criterion. The ice rheology has
a distinct asymmetry in that during closing the stress may be very high but during opening it is nearly
zero. In general, in the presence of internal friction the ice drift problem is solved using numerical
models. The one-dimensional channel case can be treated analytically, and the solution of the quasisteady-state momentum equation is
» # ¼»½ & '

8

•¾

(8.19b)
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where the expression under the square root must be positive (Fig. 8.9).
To close the system, an ice conservation law is needed for the ice state. We can take here ice density as
a constant, and conservation laws are needed for the classes of the ice thickness distribution. Taking the
two-level stare J = {A, h} (Doronin 1970; Hibler 1979), we have
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where 4h and 4A are the thermal growth rate of ice thickness and compactness, respectively, and the
function 5 provides the opening and closing of the ice field. These equations are the conservation laws
of ice mass compactness. The formulation using 5 is needed, since open water may also be created in
pure shear. Similar formulation can be prepared for the thickness distribution, with changes caused by
advection, deformation and thermodynamics (Thorndike et al. 1975):
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where 6 is the mechanical redistributor of ice thickness and 7 is the growth rate of ice. When A < 1,
lateral melting may take place via absorption of solar radiation in open water patches. This can be added
in straightforward way by distributing the heat evenly to vertical floe surfaces (see Rothrock 1986).

8.2

Sea ice modelling problem

The fundamental geophysical sea ice modelling task concerns the basin-wide evolution of ice
conditions. The primary sea ice variables are ice thickness and velocity, which are solved on the basis
of the equation of motion and ice conservation law. These models have been worked on since the 1960s
(Doronin 1970; Hibler 1979; Coon 1980), used for short-term ice forecasting and ice climate research.
Parallel to these mesoscale and large-scale efforts, vertical models have been developed for the
temperature and salinity based on heat conduction and salt conservation laws (Maykut and Untersteiner
1971; Launiainen and Cheng 1998; Bitz and Lipscomb 1999; Shirasawa et al. 2005). The lateral length
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scale of heat flow is a few meters in a year. Therefore, thermodynamic models can be added
independently into grid cells of basin-wide models where the grid size is kilometers or more.

8.2.1 Sea ice thermodynamics models
The classical problem in sea ice modelling is the thickness cycle of congelation ice. Analytic ice growth
models are based on the quasi-steady solution of the heat conduction law with a moving lower boundary
of the ice, the so-called Stefan’s problem (see Leppäranta 1993). The time scale of heat transfer in ice
is T ~ L2D–1, where L is a length scale and D ~ 10 L2 m2 day–1 is the diffusion coefficient. In Stefan’s
(1891) model, the surface temperature is a known function of time. The ice temperature profile is linear,
and ice thickness is then proportional to the square root of the freezing-degree-days. However, the
surface temperature is rarely known but just the air temperature. A more realistic approach is to add an
atmospheric surface layer to the Stefan’s model (Zubov 1945). With the linear surface heat balance and
assuming continuity of heat flux, we obtain the solution (Eq. 8.11). Analytic models of ice melting
assume that all absorption of heat into ice surface and bottom and inside ice decreases the volume of
ice; then ‘ice thickness’ represents the volume of ice per unit area. Modelling may also separately
account for the evolution of ice thickness and porosity. Including thermodynamics in basin-scale sea ice
models, a vertical thermodynamic model is needed for each grid cell. This is formulated then as a growth
rate function of ice, 7 = 7(t, h), with melting specified by negative growth rates. In purely dynamic
events 7 8 0.
The growth of very thin ice rarely would exceed 10 cm per day and for 1 m thick ice the growth rate is
already below 1 cm d–1. Melting is independent of the thickness of ice. A heat flux of 35 W m–2 would
melt the ice vertically by 1 cm per day, and such levels are observed commonly for the net radiation
flux in polar summer. The oceanic heat flux is typically smaller, of the order of 5 W m–2 in the Arctic
Ocean. In one winter, sea ice grows to 0.5–2 m thickness while in summer ice melts up to 1 m. Where
the summer melt is less than the first year’s growth, multi-year ice fields develop. This is the case in the
Central Arctic Ocean and in places in the Southern Ocean, mainly in the Weddell Sea.
The sea ice nomenclature (WMO 1970–2017) connects thicknesses to types of undeformed ice. New
ice forms grow up to 10 cm, young ice is 10–30 cm, and first-year-ice is divided into thin (30–70 cm),
medium (70–120 cm) and thick (greater than 120 cm) categories. The terminology is based on the ice
conditions in the Arctic seas. In the long-term climatology, undeformed first-year-ice may be as much
as 2 m thick, while the equilibrium thickness of undeformed multi-year ice is 3–4 m (Maykut and
Untersteiner 1971). In the last 20–30 years these levels have been decreasing (Kwok and Untersteiner
2011, Wadhams 2016).
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Numerical sea ice thermodynamic models solve the heat conduction equation of the snow and ice layers
for the evolution of temperature and thickness in a discrete grid or in a finite element system (Maykut
and Untersteiner 1971; Semtner 1976; Bitz 1999; Shirasawa et al. 2005). The ice portion may have
separate congelation ice and snow-ice layers, and the snow portion may have dry snow and slush layers.
At the upper boundary, the surface temperature is solved from the surface energy balance that couples
the ice sheet with the atmosphere. The internal layers interact in a dynamic way: snow accumulation
creates slush and snow-ice, while the growth and decay of congelation ice depend on the snow and slush
conditions. A typical grid size has been 5 cm. Both the upper and lower surfaces move due to ice growth
and melting that need to be considered in the top and bottom grid cells.
Landfast ice is largely a thermodynamic problem but not only so (Yang et al. 2015). Congelation ice is
the dominant ice type of Eurasian landfast ice (Reimnitz et al. 1995; Polyakov et al. 2003). In the annual
first year sea ice cycle, landfast ice disappears in August–September due to melting and transport, and
after summer new ice begins to grow in open water. The Eurasian landfast ice zone is wide due to the
shallow continental shelf (Reimnitz et al. 1995). The landfast ice zone extends to the depths of 20 m, up
to 200 km from the shoreline at the New Siberian Islands (Zubov 1945).
The annual cycle of the thickness of landfast in the New Siberian Islands was simulated using a timedependent thermodynamic model by Yang et al. (2015). The model was forced by the surface heat
fluxes, which were derived from weather observations (Fig. 8.10). The annual variation of landfast ice
thickness was examined, and also the question of the absence of multi-year landfast ice was analyzed.
The standard reference model run yielded 167 cm seasonal maximum ice thickness. This value is a little
smaller than the maximum landfast ice thickness measured in Sogo Bay around Tiksi (Makshtas et al.
2012). From the model outcome, the ice thickness could reach 220 cm in the absence of snow. The effect
of precipitation on ice thickness is complicated owing to the fact that precipitation is highly dynamic
and its phase may be difficult to predict, especially in early winter season (Cheng et al. 2013). In the
Arctic Ocean, the portions of solid precipitation contributing to the snow accumulation and snowdrift
are highly dependent on the synoptic weather condition and the cyclone activities.
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Figure 8.10 Left: Thermodynamic simulation of landfast ice on the Siberian shelf (Yang et al. 2015).
Right: Landsat-8 image of coastal landfast sea ice west of Kotel’ny island, acquired on acquired on 17
July 2013. Blue areas represent ice.
In Yang et al. (2015), sensitivity studies were particularly made for the summer season to close the ice
thickness cycle. The melting and breakup of ice is the most difficult part of the ice season to model.
Sensitivity analyses were made for the albedo, oceanic heat flux, air temperature and snow
accumulation. They were all important factors, and realistic ranges of variability produced about onemonth range in the date of ice breakup. The model accounts for snow-ice formation and that occurred
only in mid-May–mid-June. In summer, sublimation may add 4 cm to the loss of ice, based on the
modelled latent heat flux. The question about ice disappearance needs the understanding of the
mechanical breakage of ice, which is a challenging task due to the highly variable strength of the warm
summer ice. In two-dimensional ice-ocean models, landfast ice zone is not well represented for its
physics but it has an important role in the decay process when it breaks and drifts away.

8.2.2 Sea ice dynamics models
A full sea ice dynamic model consists of four basic elements (see Leppäranta 2011): ice state, ice
rheology, equation of motion, and ice conservation law. Any proper ice state has at least two levels, ice
compactness and thickness. Ice state and rheology are chosen by the modeler depending on the particular
application, and the conservation of momentum and ice are fixed by the nature. The ice is driven by
winds and ocean currents while the ice itself responds to the forcing by its inertia, internal friction and
adjustment of its state. The dynamics of sea ice is coupled with the thermodynamics since freezing
strengthens and melting weakens the ice while the ice motion influences the further growth or melting
of ice via transport and differential motion.

21

The primary geophysical parameters of sea ice dynamics models are the strength of drift ice and the air–
ice and water–ice drag coefficients. The latter ones tune the free drift velocity, while the strength tunes
the length scale of ice movement and the mobility of the ice. An additional rheological formulation
concerns the stresses below the yield level but this is rather a mathematical than physical problem. The
numerical design includes the choice of the grid and tailoring of the numerical method for the highly
non-linear equation of motion. Since the minimum continuum particle size D is fairly large, the grid size
can be taken as /x 9 D.
In mechanics of granular media, the horizontal grain size is an essential characteristic. In sea ice
applications, often the floes are assumed uniform and circular. An early work was made by Ovsienko
(1976) including the floe size in his model but without mechanical interaction. For the sea ice drift
problem, Shen et al. (1986) developed a theory based on momentum transfer by floe collisions, and
discrete particle model with full floe-floe interaction was studied by Løset (1993) for circular floes.
Hopkins and Hibler (1991) and Hopkins (1994) examined the sea ice ridging process with a discrete
particle model. However, granular models have not overcome the continuum approach, and all sea ice
climate models are based on the continuum approximation.
The parameters of sea ice dynamics models can be put into four groups: I Free drift parameters (drag
forces), II Rheology parameters, III Ice state redistribution parameters, and IV Numerical solution
parameters. As an example, the Hibler (1979) sea ice model parameterization is shown in Table 8.2,
which was based on field data and model experiments. The free drift wind factor has been about 2 %,
as supported by observations. This case represents a minimum set of parameters for feasible full models.
In more complicated cases, ice state has more levels and then rheology and ice state redistribution need
higher level parameterization.
Table 8.2.!The parameterization of viscous-plastic sea ice models. The parameter groups are I – Free
drift parameters, II – Rheology parameters (Hibler’s 1979 viscous-plastic rheology, III – Ice state
redistribution parameters, and IV – Numerical design parameters.

I

II

Parameter

Value

Comments

Air–ice drag coefficient, Ca

2$10–3

Geostrophic wind

Air–ice Ekman angle,!1$

25°

Geostrophic wind

Ice–water drag coefficient, Cw

5$10–3

Geostrophic wind

Ice–water Ekman angle,!1w

25°

Geostrophic wind

Compressive strength Pnhn

25 kPa

At h = 1 m, # " n " 2

Shear strength

12.5 kPa

Half of the compressive strength
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III

IV

e-folding scale for opening

0.05

Change of strength by e–1 due!to /A

Strength vs. thickness

P(h)

Linear

Max viscous creep rate, /o

< 10–10 s–1!

Viscous–plastic transition

Demarcation thickness, ho

50 cm

Needed for low level ice state

Thickness redistributor

A, h

Separation is straightforward

Spatial grid size,!/x"% /y

/x!>> d

d ~ floe size or scale of fractures

Time step,!/t

3h–1d

Stability requirement

"
Drift ice models have mostly taken a viscous approach, largely due to computational reasons. In shortterm modelling, the time scale of ice cover evolution is 1 hour – 10 days. Because the inertial time scale
of sea ice is quite small (less than one hour), the initial ice velocity can be taken as zero. For coastal
zone problems, a proper treatment of the boundary configuration is critical.
The original viscous-plastic drift ice model of Hibler (1979) included an inconsistency of having nonzero stress for an ice field at rest, with * = –#PI for

! = 0. This inconsistency was later removed (Hibler

2001). Also, in the case of low, long-term forcing, the viscous case has an unrealistic feature in leading
to continuous creep. The length of an ice beam would be changed by a factor of ¥‘¦:g£X< due to creep,
and this would account for 2.5 % in one month for a creep of 10–8 s–1. The viscous strain-rates should
be much smaller than allowed in the model but it is not exactly known how much. Normally the ice is
mostly dynamically active that keeps the creep within the noise.
The viscous-plastic , VP model is quite demanding in terms of computational time. To improve this, an
elastic term
8 o•
l oq

# ¢£

(8.21)

where E is the Young’s modulus, was added to the rheology by Hunke and Dukewitz (1997). The elastic
term is rather technical than physical, but as a result the plastic sea ice flow can be solved very
efficiently. The model, known as the elastic-viscous-plastic or EVP model, has become the most
common sea ice dynamics modelling approach.
Although the ice drift problem offers quite interesting basic research possibilities, the principal science
motivation has come from the sea ice introducing a particular air–sea interface. The exchange of
momentum, heat and matter between the atmosphere and the ocean goes through drift ice fields in high
latitudes, and this interface experiences transport as well as opening and closing due to the ice drift. This
is crucially important to the regional weather and to the global climate. The ice extent, largely influenced
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by the ice drift, has a key role in the cryospheric albedo effect. Also, the ice with itself transports latent
heat and fresh water, and ice melting gives a considerable heat sink and fresh water flux into the oceanic
surface layer. In the ecology of polar seas, the location of the ice edge with the ice melting processes is
a fundamental boundary condition for the summer productivity. A more recent research line for sea ice
dynamics is in paleoclimatology and paleoceanography (Bischof 2000). Data archive of drift ice and
icebergs exists in marine sediments, and via its influence on ocean circulation the drift ice has been an
active agent in the global climate history.
In the practical world three major questions are connected with sea ice dynamics. First, sea ice models
have been applied for tactical navigation to provide short-term forecasts of the ice conditions. Secondly,
ice forcing on ships and fixed structures is affected by the dynamical behavior of the ice (e.g., Sanderson
1988). Third, the question of pollutant transport by drifting sea ice has become an important issue
(Pfirman et al. 1995). In particular, risk assessment for oil spills and oil combating require proper oil
transport and dispersion models for ice-covered seas (e.g., Ovsienko et al. 1999).

8.2.4 Mesoscale sea ice models
Mesoscale (50–500 km) models have been used for regional investigations and process studies in the
polar oceans. Their structure is essentially as in large-scale models but the regionality often means a
stronger role for the boundary conditions. In ice forecasting applications, initial conditions are also a
major issue. The objective of short-term modelling may be basic research of drift ice dynamics,
including coupled ice–ocean–atmosphere modelling, simulations to examine the influence of ice
dynamics on planned marine operations and ice forecasting. The deformation length scale of compact
drift ice is around 100 km, and therefore internal friction has a major role in fully ice-covered basins.
Therefore, the mobility of Hudson Bay ice is weak, and it has been observed in the Bothnian Bay, Baltic
Sea, that at half meter thickness compact ice cover becomes stationary (Leppäranta 2011).
Oil spills are difficult problems in ice conditions. Good oil combating methods do not exist, and it is
difficult to keep track where the oil is going. The oil may penetrate into the ice sheet and drift with the
ice or drift on the surface of openings and beneath sea ice. A simple modelling approach is an oil
advection model with the ice and surface current with random diffusion superposed using, e.g., a Monte
Carlo method (e.g., Venkatesh et al. 1990). An advanced, physical model treats oil as a viscous medium
with density and viscosity dependent on the type of the oil (Ovsienko et al. 1999). They state that for
ice compactness more than 30% oil practically drifts with the ice, and that in slush or brash the thickness
of oil film can be much larger than in open cold water. As the concentration increases, at 80% level the
oil is trapped between ice floes and at above 95% the oil is forced beneath the ice.
In long-term modelling the time-scale is 1 month – 100 years. The approach is dynamic-thermodynamic,
sometimes dynamics is even neglected. The initial conditions are arbitrary in very long time-scales but
relevant for the ice state in monthly problems. The objective may be (i) Basic research of drift ice
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geophysics, (ii) Ice climatology investigations, and (iii) Coupled ice–ocean-atmosphere climate
modelling. First only thermodynamic models were available for the times of freezing and ice break-up
and for the evolution of ice thickness. But it became easily clear that realistic ice dynamics are needed
for the ice transport and, in particular, for opening and closing of leads. Large amount of heat is
transmitted through leads from the ocean to the atmosphere. By freezing and melting the ice has a major
influence on the hydrographic structure of the ocean, and also there the motion of ice has an important
role since the ice melts on a different region from where it forms.
The ice climate problem received increasing attention in the 1990s in regional ice climate modelling
(Haapala and Leppäranta 1996). These models are forced by synoptic weather conditions for calibration
with ice charts for the validation. The models are capable to simulate the evolution of the whole ice
season from one summer to the next one. Calibrated models have been then used for ice season scenarios
based on the existing atmospheric climate scenarios.
Here we present Baltic Sea ice modelling as an example (see Sections 8.3 and 8.4 and Chapter 9 for the
case of the Arctic Ocean). The Baltic Sea is a brackish-water basin in northern Europe, with area of 0.4
million km2 (Leppäranta and Myrberg 2009). Ice occurs in the basin annually reaching a maximum
annual thickness of 0.5–1 m. Short-term ice forecasting was commenced in the operational ice service
in Finland in the 1970s for winter shipping (Leppäranta 1981). In the coastal and archipelago areas there
is landfast ice, which is stable and smooth for most of the winter, supported by islands and grounded ice
ridges on shoals. The landfast ice zone extends to the depths of 5–15 m depending on the thickness of
ice. Ice ridges are the most difficult obstacles in winter shipping and they cause the largest forces against
marine structures in the Baltic Sea. The winter shipping is assisted by 20–25 icebreakers, however the
cargo transportation has still suffered from delays. A revised viscous-plastic three-level ice state
(compactness, mean thickness, and deformed ice volume) model was taken into the operational ice
forecasting in 1992 (Leppäranta and Zhang 1992). This model has been examined in detail for the
dynamics in different basins, in particular for scaling and the influence of coastal geometry and islands
(e.g., Wang et al. 2003). It has worked well down to bay of 15 km size with thin ice moving under strong
wind.
Calibration of the Baltic Sea ice climate model for a normal winter is shown in Fig. 8.11 (Haapala and
Leppäranta 1996). The initial time was May 1st. The figure shows comparison between the model and
observed ice condition in March when the ice extent was at largest. There are small discrepancies in that
the surface temperature in the Gotland Sea is too high in the model, and in the Sea of Bothnia the model
shows an open water region but ice chart shows there thin ice. Elsewhere the mean thickness came out
quite well. Similar results were obtained for comparisons in mild and severe winters.
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Figure 8.11. Calibration of a Baltic Sea ice climate model: A) Ice chart showing reality, B) Ice
thickness (cm) and open water surface temperature from the model (°C) from the model, C) Mean
thickness of deformed ice (cm). The model initial time was May 1, 1983, and the comparison here is
for March 22, 1984 (Haapala and Leppäranta 1996).
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8.2.5 Sea ice properties relevant to climate
Sea ice forms a specific atmosphere–ocean interface and becomes thereby a major issue in climate
modelling. The role of sea ice in this problem consist of its influence on the air–sea transfer of
momentum, heat and matter and the salt/fresh water fluxes between ice and sea water. Sea ice drift is
important in this play since it transports, deforms ice fields with opening and closing of leads, and
modifies sea ice boundaries in the ocean surface. To model the sea ice interface properly, the necessary
dependent ice quantities are listed in Table 8.3.
Table 8.3. Sea ice parameters useful in climate modeling.
Quantity

No. of variables

Strong coupling

Ice concentration and thickness % 2

%2

Atmosphere and ocean

Ice temperature

%1

Atmosphere and ocean

Ice salinity

%1

Ocean

2

Ocean

Ice drift velocity
Snow thickness and temperature

%2

Atmosphere

Altogether there are % 8 ice variables to be solved in each lateral grid cell. They are obtained using the
conservation laws of momentum, ice, snow, heat and salt. The ice layer is strongly coupled to the ocean
and the thermodynamics is strongly coupled also to the atmosphere (see Chapter 3.2 for more details).
In the following sections, 8.3 and 8.4, different sea ice data sets are referred with discussing the outcome
of various models. These data sets are described in more detail in earlier chapters in this book, sea ice
area and extent in Chapter 4 and sea ice thickness in Chapter 5.

8.3

Large-scale sea ice models

8.3.1 Background
In section 8.1.1, the spatial scales for sea-ice dynamics were defined. Accordingly, in regional seas, such
as the Baltic Sea, sea-ice dynamics are mesoscale, while at hemispheric scales, such as the Arctic Ocean
and the Southern Ocean, sea-ice dynamics also occur on the largest possible scale on Earth. Similar
numerical code is applied to simulate both mesoscale and large-scale sea-ice dynamics and the code is
capable to resolve both scales simultaneously. Mesoscale models have a higher spatial resolution and
regional configuration in comparison to large-scale models which are often global and address long time
scales, from seasonal to climatic. We start by investigating large-scale sea-ice models in the following
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section, as this provides a good general view of state-of-the-art sea-ice modelling in terms of physics
parameterization.
Sea ice is an important part of Earth’s climate system because it effectively regulates the amount of
energy being transferred between the atmosphere and polar oceans (Vaughan et al. 2013). Analogously,
an advanced knowledge of mechanisms redistributing the sea ice is required for an accurate description
of the state and evolution of climate. Our current understanding on sea-ice related climate dynamics is
incorporated in complex climate models (Griffies 2004). To better understand the sea-ice related climate
dynamics as a step towards the development of more realistic earth system models, coupled global
ocean-ice models can be used (Griffies 2009).
A realistic simulation of the evolution of sea ice in an ocean-ice model is a difficult task. This is because
even relatively small inconsistencies in atmospheric and oceanic energy and freshwater fluxes can result
in large deviations in the distribution of sea ice (Dethloff et al. 2001; Uotila et al. 2012). As a result, the
amount of sea ice may dramatically increase or melt, and consequently change the upper ocean
stratification by modifying its salinity. Although the sea-ice distribution may relatively quickly return
back to a realistic looking state, for example as a response to observation based atmospheric forcing, the
upper ocean stratification may remain unrealistic much longer, even persistently.
In addition to the model binding issues, an ocean-ice model is exposed to limitations inherent to
imperfect, prescribed atmospheric forcing. Namely, the ocean cannot affect the prescribed atmosphere
in an ocean-ice model (Griffies et al. 2009). This absence of interaction impacts the atmosphere-ocean
processes, such as sea-ice edge movements and thermohaline circulation, so that representation is likely
to differ in the fully coupled configuration compared to the ocean sea-ice one sharing the same oceanice configuration. For example, one might expect that the Atlantic thermohaline circulation is stronger
in the ocean-ice model than in the fully coupled configuration, where the lower atmosphere warms by
the oceanic heat transmitted by the air-ocean sensible heat flux, which is proportional to the oceanatmosphere temperature difference. These limitations have to be kept in mind when interpreting results
from an ocean-ice model.
Despite these shortcomings, there are many good reasons to use an ocean-ice model instead of a fully
coupled climate model. First, fully coupled models are computationally very expensive, particularly for
sensitivity experiments, which require a large number of decadal or even centennial simulations in order
to determine oceanic responses. Second, ocean-ice model simulations are isolated from biases that arise
when coupling to a potentially inaccurate atmospheric model. Third, when forced with observed
atmospheric states, an ocean-ice model simulation time series can directly be compared with available
ocean and sea-ice observations to assess the level of realism of these simulations.
A large body of literature has already been published presenting ocean-ice model assessments, which
provide important benchmark results when carrying out qualitative model assessments. Papers of the
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CORE-II virtual special issue of the Ocean Modelling Journal, such as Danabasoglu et al. (2014, 2016),
Downes et al. (2015), Farneti et al. (2015), Griffies et al. (2014), and Wang et al. 2016a, b), in the ORAIP special issue of the Climate Modelling Journal, such as Chevallier et al. (2017) are particularly
relevant for polar assessments. In the majority of currently used ocean climate models the grid
configuration does not resolve ocean eddies. In these coarse-resolution ocean-ice models, the eddy
transport of momentum and heat needs to be parameterized. Many recent simulations also share the use
of CORE bulk formulae and some forcing files, such as the river runoff, with the CORE-II experiments.
In the polar context, the most important CORE-II papers include Downes et al. (2015), where the
Antarctic sea ice and Southern Ocean water masses are analyzed, and Wang et al. (2016a, b) who
investigated the Arctic sea ice and the Arctic Ocean freshwater. Recently, Chevallier et al. (2017) and
Uotila et al. (2018) analyzed the Arctic and Antarctic sea ice in a set of ocean reanalyses to assess how
the assimilation of observations in ORA-IP affects the sea-ice characteristics. As CORE-II results,
Chevallier et al. (2017) and Uotila et al. (2018) results are a useful benchmark when assessing the skill
of ocean-ice model performance.
The specific need for sea-ice model assessment arises from the permanent evolution of formulations and
parameterizations implemented by ocean-ice model developers. After a major release of new ocean-ice
model version, a detailed diagnostics of its performance is of primary importance in order to find out is
of the user community to test the new code. Related to this, some configurations are used in major
projects and require rather urgent testing. For example, the climate modelling community is preparing
to contribute to CMIP6 with model simulations. Before that, the modelling teams have to decide upon
their CMIP6 model configurations. It is therefore valuable for them to obtain the supportive information
on the performance of their model, even in the ocean-ice mode without the coupling to the atmosphere.

8.3.2 Current main sea-ice models
Two sea-ice models, LIM and CICE, are perhaps more widely used for large-scale and meso-scale seaice modelling than others. Moreover, they are typically used within coupled climate modelling
frameworks, coupled at least with an ocean model and often also with an atmospheric model. Their
success is largely due to the inclusive community development approach and freely distributed open
source code, including documentation and test cases, which makes their use particularly easy.
Other important models exist, such as by Winton (2000), Zhang and Rothrock (2001), Salas y Melia
(2005) and Rampal et al. (2015), but as LIM and CICE share many characteristics in terms of numerics
implementation and physical parameterizations with each other and with other models, their description
and assessment provide a good introduction to today's sea-ice modelling.

Los Alamos National Laboratory Community Ice CodE, CICE
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The Los Alamos National Laboratory Community Ice CodE (CICE) sea-ice model represents the stateof-the-art in sea-ice modelling (e.g. Flocco et al. 2012, Holland et al. 2012). CICE uses an elasticviscous-plastic dynamics scheme (EVP; Hunke and Dukowicz 1997) for the internal ice stress, an
incremental linear remapping for the ice advection term, and computes the ice thickness redistribution
through ridging and rafting schemes by assuming an exponential redistribution function. The recent
release of the LANL Community Ice CodE is version 5 (CICE5; Hunke and Lipscomb 2010, Hunke et
al. 2015).
The CICE5 sea-ice salinity profile is prognostic, changes in time, while the snow on ice is assumed to
be fresh. Further, CICE5 features explicit parameterizations for melt ponds (Flocco et al. 2012), elasticanisotropic-plastic rheology (Tsamados et al. 2013) and an option for sea-ice biogeochemical modelling
and passive tracers (Jeffrey et al. 2011). In terms of the atmosphere-ocean momentum exchange, an
advanced form drag parameterization at the ice-atmosphere boundary is implemented (Tsamados et al.
2014).
CICE has been designed to couple with the ocean and atmosphere components of climate models. For
large-scale simulations, a typical time step of the sea-ice model is one hour and the momentum equation
is solved by using an iterative scheme within each time step. For example, CICE in the Australian
ACCESS coupled system for CMIP5, was coupled with the ocean model at every time step while the
atmospheric forcing was updated every six hours by the data atmospheric model via the OASIS coupler
code (Valcke 2006). CICE sea ice was divided into five thickness categories of ice and open water and
had four vertical ice layers and one snow layer in each category. CICE in ACCESS for CMIP5 run on
the ocean grid which gives enhanced resolution of 10 km in the Arctic due to the orthogonal curvilinear
tripolar grid (Bi and Marsland 2010, Uotila et al. 2012). Due to this Arctic grid refinement, meso-scale
could be resolved, at least to some extent, even in this global model configuration (Fig. 8.12).
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Figure 8.12 A curvilinear tripolar grid configuration demonstrating higher horizontal resolution in the
Arctic than in the lower latitudes. From Madec et al. (2008)
Table 8.4. Adapted from Bi et al. (2013). Values of important CICE sea-ice model parameters to adjust
the sea-ice distribution in the Australian ACCESS1.3 CMIP5 experiments.
Name

Value

Ocean-ice turning angle

16º

Ridging parameter value

3 m#

Cold deep snow albedo

0.84

Bare ice albedo

0.68

Melting deep snow albedo

0.72

Temperature range to determine snow melting in albedo calculation

0.5

Temperature range to determine bare ice melting in albedo calculation

0.25

Albedo change to determine bare ice melting in albedo calculation

–0.075

Ice-ocean drag

0.00536

Minimum ice-ocean friction velocity

0.0005 m s–1

Ice conductivity option

Bubbly
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Surface roughness of ice

0.0005 m

Ice-ocean heat exchange coefficient

0.004

The simulated sea-ice distribution is impacted by many predefined internal sea-ice model parameters
(Hunke et al. 2010; Uotila et al. 2012). In Table 8.4, typical values of the most significant
thermodynamic and dynamic parameters are listed. These values follow the ones used in experiments
described by Uotila et al. (2013). In these experiments, the short-wave parameterization scheme chosen
was the default NCAR Community Climate System Model version 3 (CCSM3) scheme, where visible
and infrared albedos are prescribed. The wavelength of 700 nm separated the visible and infrared bands.
Additionally, ice and snow albedos on both spectral bands depended on the sea-ice or snow surface
temperature and thickness. When ice became thinner than 0.1 m, the ice albedo decreased smoothly,
following the arctangent function, toward the open ocean value of 0.06. When the surface temperature
rose within the temperature ranges (Table 8.4) to 0 °C, then the albedo linearly decreased by the albedo
change parameter (Table 8.4). The visible snow albedo decreased by 0.1 and the infrared snow albedo
decreased by 0.15 when the snow surface temperature rose from the temperature ranges to 0 °C. The
snow patchiness parameter impacted on how the albedo was averaged over a grid cell weighted by the
ratio of ice and snow-covered portions as shown by Uotila et al. (2012). Essentially a higher snow patch
value decreased the average albedo.
In addition to the variables related to the short-wave radiation scheme, the value of the surface roughness
of sea-ice affected the ice-atmosphere momentum and energy exchange and was a predefined constant
in the model (see Table 8.4). Moreover, the ice-ocean energy and momentum exchange included
predefined variables, such as the ice-ocean stress drag coefficient, stress turning angle and heat exchange
coefficient (Table 8.4). Additionally, the minimum value of the ice-ocean friction velocity was
predefined.
The sensitivity of the sea-ice distribution to the parameters related to the ocean-ice heat exchange has
been shown to be comparable or higher than its sensitivity to the parameters used to adjust the shortwave radiation scheme (Hunke 2010, Uotila et al. 2012). In terms of internal ice properties, the ice
conductivity needed to be selected as well as the number of vertical layers in ice. The sea-ice
deformation was affected by the values of the e-folding scale of ridged ice and the maximum thickness
of rafted ice. This ridging parameter affected the sea-ice distribution to the same extent than albedo
values (Uotila et al. 2012). In summary, finding the best possible values, within the realistic range, for
these parameters is essential for a successful sea-ice simulation.

Louvain-la-Neuve Sea Ice Model, LIM
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NEMO is a modelling framework designed for climate research and operational oceanography. LIM2
has been the standard sea-ice model of the NEMO framework for almost a decade. In June 2015, a new
and more sophisticated LIM version, LIM3.6 (denoted LIM3 for brevity), became available as the
reference sea-ice model, coupled to the OPA ocean component, in the NEMOv3.6 framework. Notably,
as LIM, also CICE is a commonly used sea-ice model in the NEMO framework.
The ocean component OPA is a finite difference, hydrostatic, primitive equation ocean general
circulation model. The vertical coordinate system is based on z* levels with partial cell thicknesses
allowed at the sea floor. The vertical mixing of tracers and momentum uses the TKE scheme (Gaspar et
al. 1990; Blanke and Delecluse 1993). A quadratic bottom friction boundary condition is applied
together with an advective and diffusive bottom boundary layer for temperature and salinity tracers
(Beckmann and Döscher 1997). The model uses a non-linear variable volume scheme for the free
surface, and an energy-enstrophy conserving scheme for momentum advection. A no-slip boundary
condition is applied on the momentum equations with the horizontal Laplacian momentum diffusion.
The tracer equations in OPA use the TVD advection scheme by Zalesak (1979) with the Laplacian
diffusion along isoneutral surfaces.
LIM2 is a simple mono-category dynamic-thermodynamic sea-ice model. Detailed descriptions of the
model and the ocean-sea ice coupling are provided in Fichefet and Morales Maqueda (1997, 1999), and
Timmermann et al. (2005). The thermodynamic component is the three-layer (one layer of snow and
two layers of ice) formulation of Semtner (1976) to account for sensible heat storage and vertical heat
conduction within snow and ice. The effect of sub-grid-scale snow and ice thickness distribution is
implicitly parameterized with the effective thermal conductivity. The storage of latent heat in ice,
resulted from the trapping of shortwave radiation by brine pockets (salt water pockets in ice), is taken
into account in a rather simplistic way. Vertical and lateral ice growth/decay rates are obtained from
prognostic energy budgets at the upper and lower snow/ice interfaces and at lateral interfaces in leads.
The surface snow/ice albedo depends on the state of the surface (frozen or melting), the snow depth, and
ice thickness. When the load of snow is large enough to depress the snow-ice interface under the water
level, seawater is supposed to infiltrate the entirety of the submerged snow and to freeze there, forming
snow-ice. The model includes a lead parameterization. As in CICE; ice dynamics are simulated by
assuming that sea ice behaves as a two-dimensional Elasto-Viscous-Plastic (EVP) continuum in
dynamical interaction with atmosphere and ocean (Hunke and Dukowicz 1997). The momentum
transport equations are written in curvilinear, orthogonal coordinates and are numerically solved in the
Arakawa C-grid following the formulation by Bouillon et al. (2009, 2013). The ice advective terms are
computed using the second-order moment-conserving scheme of Prather (1986). In summary, the most
relevant physical sea-ice processes, such as brine pockets, lateral melting, effective heat conduction due
to unresolved sub-grid-scale ice thickness variations, surface albedo, penetration of radiation through
the ice, snow ice formation, are implemented in LIM2.
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The new LIM3 code implements many sea-ice physics improvements compared to the previous LIM2
code. LIM3 advances reside mainly in the introduction of multiple ice categories to represent the subgrid scale ice thickness distribution (Thorndike et al. 1975), and an explicit description of the multilayer halo-thermodynamic component including the brine dynamics, prognostic equations for the seaice salinity, and their impact on ice thermal properties, such as the sea-ice conductivity, and ocean-ice
salt exchanges when ice forms or melts. A detailed description of the LIM3 physics is given by Rousset
et al. (2015).
The LIM3 model features an adjustable vertical resolution with N ice layers, although, as in LIM2, two
layers of ice and one of snow as these are recommended values according to the default NEMOv3.6
configuration. While the storage of latent heat in brine is highly parameterized in LIM2 using the heat
reservoir, it is explicitly represented in LIM3, using a vertically varying salinity profile. Temporal
salinity variations in LIM3 resolved using parameterizations of brine entrapment and drainage processes
based on a simplification of the brine drainage model of Vancoppenolle et al. (2007). In both sea-ice
models, ice is “levitating” (following the convention of Campin et al. 2008) over the ocean, and the
growth and melt of ice impact the ocean mass and the salinity, but do not affect the pressure experienced
by the ocean surface.
LIM3 does include an explicit sub-grid-scale ice thickness distribution that enables to resolve the intense
growth and melt of thin ice, including the stronger atmosphere-ocean heat fluxes through thin ice, as
well as the redistribution of thinner ice onto thicker ice due to ridging and rafting. As with the number
of ice layers, we follow the default NEMOv3.6 configuration and use five ice thickness categories.
The behavior of an earlier version of LIM3 compared to LIM2 was investigated by Massonnet et al.
(2011). They found that the multiple ice categories increase the seasonal to inter-annual variability of
the sea-ice extent, that the LIM3 elastic-viscous-plastic rheology enhances the response of ice to wind
stress, and that the Arakawa C-grid formulation and the air-sea ice drag coefficient affect the simulated
ice export through Fram Strait and the ice accumulation along the Canadian Arctic Archipelago.
Compared to LIM2, these results indicate enhanced LIM3 sea-ice simulation capability due to physics
improvements.
Due to the more sophisticated physics, LIM3 can be expected to be better suitable for meso-scale seaice modelling than LIM2. Differences between LIM2 and LIM3 sea-ice physics provide an opportunity
to explore the impacts of these differences for the simulated sea ice. Such analysis provides information
on how important LIM3 different physics improvements are when enhancing the realism of the sea-ice
simulation. From this, perspective, we compare simulated sea ice between two otherwise identical
simulations except one carried out using LIM2 and another one with LIM3. These simulations are
described in detail by Uotila et al. (2017).
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8.3.3 Impact of sea-ice physics parameterizations
The configuration of the experiments diagnosed in the following paragraphs include significant
improvements compared to earlier versions of NEMO-LIM. A major improvement is that LIM3 now
entirely conserves the energy and mass due to the corrected numerics (Rousset et al. 2015). Another
significant change is the new ocean component available in NEMO3.6_STABLE, released in July 2015.
We also have 75 vertical ocean levels. In terms of the prescribed atmospheric states, we use the ones
based on DRAKKAR forcing version 5.2 which is derived from the ECMWF reanalysis products and
are found to perform better at high-latitudes than the NCEP/NCAR one (Bromwich et al. 2011). Then,
we employ currently widely used CORE bulk formulae (Large and Yeager 2004; Griffies et al. 2009;
Danabasoglu et al. 2014) at the ocean surface to calculate the energy, momentum and freshwater fluxes.
Sea-ice concentration and extent
First, we discuss the geographical distribution of ice concentration, its mean seasonal cycle and
interannual variations. Sea-ice concentration represents the fraction of ocean area covered by sea ice
and is computed as the areal coverage in a given grid cell. Sea-ice extent here is defined as the total area
of grid cells with sea-ice concentration of 15% or more.
In September, the geographical distribution of LIM3 sea-ice concentration presents high values in the
Canadian Arctic Archipelago with a realistic latitudinal decrease toward the Eurasian Arctic (Fig. 8.13a).
LIM3 tends to generally underestimate the ice concentration, by ~20% in the central Arctic to ~50% in
the East Siberian Sea, while the Laptev and Kara Seas are almost ice-free (Fig. 8.13). This negative
summer sea-ice concentration bias is linked to an underestimation of sea-ice thickness in those areas
both in winter and summer (see below). By contrast, too-large ice concentration is found in the Beaufort
Sea (Fig. 8.13b). Clearly, the representation of ice concentration in the two models significantly differs
in summer: LIM2 produces higher sea-ice concentration compared to LIM3 everywhere in the Arctic
Ocean, and the difference increases radially from the Canadian Arctic Archipelago toward the Eurasian
Arctic (Fig. 8.13c). While LIM2 is closer to observations in the Eurasian basin, it cannot reproduce the
seasonal cycle of ice area in the Beaufort and East Siberian Seas toward the Bering Strait, where the
sea-ice pack stays, unrealistically, rather uniform with a sharp transition to the ice edge and a too small
open ocean fraction.
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Figure 8.13 Geographical distribution of Arctic sea-ice concentration averaged for September (a–c)
and for March 2003–2012 (d–f). (a, d) show values simulated by LIM3, while (b, e) show LIM3
difference with Meier et al. (2013) passive microwave observations and (c, f) with LIM2. Sea-ice
concentration differences are computed only where both values are present. Only areas where the seaice concentration is greater than 15% are plotted. In (a, d), thick black lines show the observed sea-ice
edge as the 15% sea-ice concentration isopleth
The LIM3 March sea-ice edge is relatively well simulated (Fig. 8.13d) and the geographical distribution
of ice concentration (Fig. 8.13e) is in close agreement with satellite estimates. LIM3 differs from
observations over most of the Arctic ice pack just by a few per cent. Larger differences (reproduced in
LIM2 as well) are located in the Atlantic marginal ice zone, where LIM3 overestimates its width and
sea-ice concentration up to 40% along the East coast of Greenland, and in the Labrador and Barents
Seas. Overall, LIM2 reproduces differences of similar magnitude, but it tends to uniformly overestimate
observations and has a higher sea-ice concentration bias than LIM3 (Fig. 8.13f). Fourteen global oceanice models analyzed by Wang et al. (2016a) systematically produced too large sea-ice extents in March.
This seems not the case here, which possibly indicates the effect of different atmospheric forcing set.
Models analyzed by Wang et al. (2016a) were forced with COREII inter-annual data, which are NCEP
based, while our simulations were forced with the DFS 5.2 data, which are ERA based.
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Figure 8.14 (a) Simulated (colored lines) and observed (black lines and grey shadings; NSIDC Fetterer
et al., 2002) mean seasonal cycle of monthly mean sea-ice extent over the period 2003–2012 for the
northern hemisphere (NH). The sea-ice extent is calculated as the area with sea-ice concentration 15%
or more. Dashed lines and grey shadings denote the minimum and maximum annual monthly extents
during the same period. In (b), annual maximum, mean and minimum time series of simulated and
observed sea-ice extents in the NH over the period of 1958–2012 are presented. Red lines denote the
standard NEMO-LIM3 simulation, green lines denote the standard LIM2 simulation, and blue lines
denote the LIM3 single-category sea-ice simulation
Mean seasonal cycles of the modelled sea-ice extents are shown in Figures 8.14a and b together with
the NSIDC observations, all averaged over the years 2003-2012. The LIM3 sea-ice extent closely
follows the observed data and represents a clear improvement compared to LIM2, particularly in
summer (Figure 8.14a). The maximum (minimum) LIM3 sea-ice extent reaches 15.6 (5.2) & 106 km2 in
March (September). These values are fairly close to the NSIDC observed ones, which are 15.0 (5.1) &
106 km2. The respective LIM2 values are 16.3 (8.3) & 106 km2 and clearly too high. LIM2 does not
manage to melt enough ice and systematically overestimates the NH sea-ice extent. The largest
difference is found in summer (up to 40% from both LIM3 and observations), while it is reduced to 5%
(10%) from LIM3 (observations) in winter. On the contrary, the LIM3 multi-category sea-ice thickness
distribution allows for larger rates of melting due to its thin ice categories compared to the monocategory LIM2 and enhances the seasonal cycle of sea-ice extent bringing it closer to observations.
Associated with the better mean seasonal cycle, the inter-annual time series of sea-ice extent is improved
in LIM3 compared to LIM2 (Fig. 8.14b). The correlation between the simulated and NSIDC observed
monthly mean sea-ice extent anomalies is 0.87 for both LIM3 and LIM2, when all months are taken into
account. For March only, the LIM3-NSIDC correlations become somewhat higher (0.90) compared to
LIM2-NSIDC one (0.86). In both LIM models, the simulated inter-annual variability agrees well with
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the NSIDC inter-annual variability being larger for the September time series than for the March time
series. Although the spatial distribution of LIM3 sea-ice concentration differs from the observed one,
both the maximum and minimum sea-ice extent are well reproduced by LIM3, as shown by the time
series in Fig. 8.14b that closely follow the NSIDC data in 1979-2012. Moreover, LIM3 realistically
captures most of the summer minimum records, with the 2007 minimum extent of 3.4&106 km2,
compared to the observed 4.3&106 km2. As for the seasonal cycle, LIM2 systematically overestimates
yearly minimum, maximum and mean sea-ice extents during the whole period of integration, for
example the 2007 minimum is overestimated by 50%. The difference between the two LIM models is
clear from the first few simulated years, when the LIM2 sea-ice loss from the initial state is too small to
bring the mean sea-ice extent closer to observed values.
The two LIM models show comparable negative sea-ice extent trends in March, which are less negative
than satellite observed trends (Table 8.5). These linear trends were calculated for the 1979-2012 period.
In September, the LIM3 trend is close to the observed one, while the LIM2 negative trend is too small.
As concluded by Wang et al. (2016a), LIM2, which overestimates the Arctic sea-ice thickness, has too
low September trend, while LIM3, which has thinner ice, produces a realistic September trend. Although
these thirty-year sea-ice extent trends look reasonable for LIM3, there is some peculiar inter-decadal
variability that deserves a closer look.
Table 8.5 September and March hemispheric sea-ice extent anomaly trends 1979-2012 as 106 km2 per
decade. Trends are statistically significant at the 95% level (p-value < 0.05)
NH
March
NSIDC

-0.43

LIM3

-0.26

LIM2

-0.30

September
NSIDC

-0.84

LIM3

-0.79

LIM2

-0.49

Contrary to the observed, the LIM3 NH annual mean sea-ice extent increases in the mid-1990s and then
stays a relatively constant before a sharp decline in the 2000s (Fig. 8.14b). Reasons for this unrealistic
looking sea-ice extent behavior are illustrated in Fig. 8.15. In Fig. 8.15a, the LIM3 mean annual sea-ice
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concentration bias is characterized by positive biases in the Labrador and Greenland Seas, while much
elsewhere, particularly in the Eurasian Basin, the LIM3 sea-ice concentration is less than observed. After
this five-year period, in the late 1990s (Fig. 8.15b), the LIM3 negative sea-ice concentration bias is
diminished in the Eurasian Basin. Now, as shown in Fig. 8.14b, the LIM3 sea-ice extent was closer to
the observed in the early 1990s than in the late 1990s. However, in the early 1990s, the more realistic
looking sea-ice extent is actually a result of two counteracting sea-ice concentration biases, the positive
ones in the Labrador and Greenland Seas, and a negative one in the Eurasian basin. As the negative
LIM3 sea-ice concentration bias got smaller in the late 1990s, the LIM3 sea-ice extent departed further
from the observed extent, although the LIM3 sea ice became more realistic in the Eurasian basin and as
a whole. As pointed out by many authors, a careful interpretation is needed when using the sea-ice extent
as a model performance metric (for example Uotila et al. 2012; Notz et al. 2013; Dukhovskoy et al.
2015).

Figure 8.15 Five-year mean Arctic sea-ice concentration biases simulated by LIM3 for (a) 1990–
1994 (a), for (b) 1995–1999, while (c) presents their difference, (b)-(a). Biases are departures from
Meier et al. (2013) sea-ice concentration
The time series of annual mean sea-ice extent in LIM3 is better reproduced than in LIM2 and closely
follows observations (Fig. 8.14b), but the sea-ice summer retreat is systematically too strong and its
summer extents too low. The LIM3 sea-ice extent drops to low values already in the first few years in
most of the integration. In summer, the LIM3 low sea-ice extents can be explained by the ice-albedo
feedback, which is governed by the fast melting of thin ice enabling an effective penetration of solar
energy into the upper ocean. This occurs particularly in the marginal sea-ice zone, where the sea-ice
concentration is low and the thin ice melts quickly, enhancing the absorption of shortwave radiation in
the ocean due to its low albedo. This process significantly reduces the LIM3 sea-ice concentration
compared to LIM2 due to its multi-category sea-ice thickness distribution. The effective ice-albedo
feedback also promotes a higher bottom melt leading to thinner ice.

Sea-ice thickness
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Figure 8.16 shows Arctic mean sea-ice thickness distributions in March and September from 2003 to
2012.

In September, the LIM3 sea-ice thickness reaches 3 m along the Canadian coast and ranges

between 1-2 m in the central Arctic (Fig. 8.16a). Compared to PIOMAS, the LIM3 sea ice is thinner
almost everywhere. LIM2 large-scale sea-ice thickness distribution difference from LIM3 forms a
dipole: it is comparable to LIM3 in the Eurasian basin, but much thicker, up to 2 m, in the Canadian
basin, where it is also thicker than PIOMAS. Both LIM models have a relatively thick sea ice extending
from the north-east corner of Greenland through Fram Strait into the Nordic Seas. As this is a common
bias between the two LIM simulations, it is likely to be related to the prescribed DFS atmospheric
forcing, such as near surface air temperature and winds.

Figure 8.16 Geographical distribution of Arctic sea-ice thickness (in metres) averaged for September
(a–c) and for March 2003–2012 (d–e). (a, d) show values simulated by NEMO-LIM3, while (b, e) show
LIM3 difference with Schweiger et al. (2011) ocean reanalysis product and (c, f) with LIM2. Sea-ice
thickness differences are computed only where both values are present
In March, the large-scale thickness distribution is realistically represented in LIM3, ranging from a
maximum of 5 m in the Canadian Arctic Archipelago and off the north Greenland coast to less than 2 m
on the West Siberian Shelf (Fig. 8.16d). At the North Pole, the sea ice is ~2.5 m thick, in a good
agreement with PIOMAS and also with IceSat satellite thickness data, which show ~2 m for February–
March 2003–2007 (Kwok and Rothrock 2009). LIM3 also compares well to the PIOMAS reanalysis in
the Beaufort Sea, but it tends to underestimate sea-ice thickness north of Greenland, in the Hudson Bay,
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and especially in the Barents and Kara Seas. On the contrary, LIM3 overestimates the sea-ice thickness
in the Greenland Sea (Fig. 8.16b). LIM2 reproduces a relatively similar spatial distribution, but the
gradient between the Pacific and Atlantic sectors of the Arctic basin is larger. LIM2 sea ice is ~1 m
thicker in the Beaufort Sea than the LIM3 sea ice and the source of this difference is likely to be related
to differences in ice drift patterns, as discussed in the next section. Also, the LIM2 ice is ~0.5 m thinner
than the LIM3 ice in the Eurasian basin (Fig. 8.16c).
The monthly mean LIM3 sea-ice volume, which is the domain integral of the sea-ice thickness
multiplied by sea-ice area per grid cell, varies from the minimum of 2.9&103 km3 in September to the
maximum of 8.8&103 km3 in April in the NH (Fig. 8.17a). Both values are approximately 20% larger
than the PIOMAS output (Schweiger et al. 2011). LIM2 and LIM3 maxima agree, but their September
minima do not, with the LIM2 ice volume minimum being almost 60% larger. The evolution of the
annual mean sea-ice volume in the period 1958-2012 is comparable in both models and shows
significant inter-annual variations, which largely differ from PIOMAS (Fig. 8.17b). As with the sea-ice
extent, NEMO-LIM simulations capture the large decrease of sea-ice volume during their last decade,
2003-2012, at a rate of -3.4 (-6.6) & 103 km3/decade in LIM3 (LIM2), while the PIOMAS rate is less, 2.0&103 km3/decade.

Figure 8.17 (a) Simulated (colored lines) and an ocean-ice reanalysis (black lines and grey shadings;
PIOMAS Schweiger et al., 2011) mean seasonal cycle of monthly mean sea-ice volume over the
period 2003–2012 for the northern hemisphere (NH). Dashed lines denote the minimum and maximum
annual monthly volumes during the same period. In (b), annual maximum, mean and minimum time
series of simulated and observed sea-ice volumes in the NH over the period of 1958–2012 are
presented. Red lines denote the standard NEMO-LIM3 simulation, green lines denote the standard
LIM2 simulation, and blue lines denote the LIM3 single-category sea-ice simulation
There are important differences between PIOMAS and NEMO-LIM, explaining the systematic
deviation of their sea-ice volume from each other. First, PIOMAS uses NCEP based atmospheric forcing
41

compared to the DFS one used in our NEMO-LIM simulations. Second, PIOMAS assimilates sea-ice
concentration and SST data, while NEMO-LIM simulations do not. Finally, PIOMAS has different
ocean and sea-ice models which computational grid varies from NEMO-LIM ORCA1 grid along with
numerous physical parameterizations implemented in the models. In terms of ice rheology, largest
discrepancies should occur close to the coast, but those are also regions of complex topography where
differences in meteorological forcing significantly affect the sea-ice freezing rates (Zhang et al. 2015).
In terms of inter-annual variability, the maximum annual sea-ice volume time series of the two LIM
simulations closely resemble each other, while the PIOMAS maximum values are much smaller with a
smaller variability (Fig. 8.17b). The minimum annual volume simulated by LIM3 is, instead closer to
PIOMAS than to LIM2, especially in the 1980s. From 1992 to 2000, PIOMAS, in agreement with other
estimates (Schweiger et al. 2011), reveals a volume reduction that the LIM simulations misrepresent.
As for the LIM sea-ice extent, this misrepresentation is likely due to the increase of sea-ice volume in
the Eurasian basin manifested as the reduction of negative sea-ice extent bias (see Fig. 8.15). After 2000,
the LIM3 sea-ice volume starts to decrease and approaches again the GIOMAS values from 2006
onward. The LIM2 annual mean and minimum sea-ice volumes are always larger than those for LIM3,
but they show similar features of inter-annual and decadal variability. This variability is driven by the
prescribed atmospheric DFS that directly influences the sea ice and ocean variability, and therefore also
indirectly regulates the inflow of the warm Atlantic water to the Arctic Ocean.

Sea-ice motion
The simulated March and September mean (2003-2012) sea-ice velocities are shown in Fig. 8.18
together with the observational OSI SAF sea-ice drift product (Lavergne et al. 2010). Both LIM models
realistically represent observed large-scale ice drift patterns, which are a direct response to the
atmospheric circulation.

Figure 8.18 (a) Observed satellite-based average sea-ice velocity in March (Lavergne et al., 2010) as
arrows and the corresponding vector magnitude (speed, m/s) as filled colored contours based on years
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2009–2015. (b) is similar to (a), but for NEMO-LIM3 ice velocity and speed based on years 2003–2012.
In (c), mean differences between LIM3 and LIM2 ice velocity and speed are shown in the NH in March
The LIM3 mean drift pattern in March consists of a divergent motion over Siberian shelves (4-6 cm/s),
the anti-cyclonic gyre in the Beaufort Sea (2-4 cm/s), the transpolar drift (4-6 cm/s) from the coast of
Eastern Siberia to Fram Strait. The ice drift through Fram Strait and in the East Greenland Current is
particularly strong (16-20 cm/s), as well as the southward drift (14-16 cm/s) through Davis Strait. The
two LIM models perform somewhat differently in terms of sea-ice speed, LIM2 sea ice being generally
faster, in particular in the Beaufort Gyre, but then again weaker in the Nansen Basin. The 10-year mean
Arctic sea-ice velocity in March is 4.6 (4.8) cm/s for LIM3 (LIM2).
The Arctic sea-ice velocities in both LIM models are generally higher compared to satellite estimates,
and the location of the center of the Beaufort Gyre is displaced westward, toward the Chukchi Sea (Fig.
8.18). A similar positive sea-ice velocity bias was reported by Chevallier et al. (2017) who analyzed 14
ocean-ice reanalysis products. This discrepancy might be a result of a too high air-sea momentum flux
driving the ice too fast and, on the shelf regions, due to the lack of a fast-ice parameterization in LIM.
On the other hand, the OSI SAF satellite derived sea-ice velocities may have high uncertainties over
those regions of highly concentrated and slowly moving ice.
The times series of volume exports through Fram Strait present similar variability in both simulations
(not shown), with LIM2 transport generally higher due to its higher Arctic sea-ice volume. The annual
mean fluxes during the last simulated decade correspond to more than 10% of the winter ice covered
area, being 0.86 (0.89) million km2 in LIM3 (LIM2), both comparable to estimates based on SAR data
by Smedsrud et al. (2011).

Sea-ice salinity
One important new feature in LIM3 is the prognostic sea-ice salinity compared to the constant 4 ppm
sea-ice salinity in LIM2 (Vancoppenolle et al. 2009a). LIM3 explicitly includes the salt water
entrapment and drainage in sea ice, where it also impacts on the ice thermodynamic variables such as
the specific heat, conductivity and enthalpy. Furthermore, when snow-ice is formed by flooding and
freezing of a relatively thick snow layer on top of ice, it becomes saline in LIM3 in contrast to the LIM2
fresh snow-ice. Vancoppenolle et al. (2009b) found that these improvements impacted on the LIM seaice volume, and that the LIM3 sea ice compared better with observations than the LIM2 sea ice.
This improved realism is apparent in our simulations, as shown in previous sections describing the LIM
sea-ice extent and volume. It is likely that to some extent the more realistic LIM3 sea ice is due to the
advanced salinity dependent halo-thermodynamics and a more realistic seasonal cycle of sea-ice salinity
and associated upper ocean freshwater fluxes. This seasonal cycle is illustrated in Fig. 8. 19. In winter,
newly formed LIM3 sea ice preserves a higher salinity than LIM2 (Fig. 8.19a). LIM3 sea-ice salinities
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are particularly high, over 10 ppm, close to the ice edge. In contrast, in summer, the remaining LIM3
sea ice has a lower salinity than LIM2 (Fig. 8.19b).

Fig. 8.19 The sea-ice salinity difference (in ppm) between LIM3 and LIM2 (a) in March and (b) in
September. Note that the LIM2 sea-ice salinity is constant 4 ppm

Sea-ice physics impacts on mixed layer depth and ocean circulation
Oceanic convection, vertical heat transport and deep-water formation are intimately related to the mixed
layer depth (MLD). One should remember that the observational MLD uncertainties are particularly
large in ice covered oceans, because of sparse observations, and therefore we limit our comparisons to
the North Atlantic and the Southern Ocean. In Fig. 8.20, mean winter MLD is presented for LIM3 along
with its difference from the observed climatology of de Boyer Montégut (2004), and for the LIM2-LIM3
difference. In the Greenland Sea, the observed MLD is deeper than the LIM3 MLD (Fig. 8.20b). This
could be due to excessive winter LIM3 sea ice in the East Greenland Current resulting in a shallower
LIM3 mixed layer. The presence of sea ice diminishes the heat loss and reduces the MLD. Furthermore,
the region south of Greenland in the North Atlantic, characterized by cold and fresh LIM3 biases, also
has a shallower than observed mixed layer. This is to be expected due to the more stable LIM3 surface
stratification compared to PHC3. In the Norwegian Sea and the Barents Sea, LIM3 MLD is much larger
than the observational MLD indicating stronger oceanic convection (Fig. 8.20b). This is at least partly
due to cold, non-responsive and prescribed winter atmosphere acting as an infinitive heat sink to the
relatively warm ocean surface layer.
Although the LIM2 MLD appears relatively close to the LIM3 one in the Arctic, it is approximately 1020% deeper in the Nordic Seas and the Barents Sea (Fig. 8.20c). These are also regions where the LIM2
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mixed layer salinity is higher than the LIM3 one, and where denser LIM2 surface entrain deeper,
resulting in a deeper surface mixed layer than in LIM3 which is associated with a stronger Atlantic
Meridional Overturning Circulation in LIM2. This variability in the deep-water formation further
changes the deep-water properties, which is manifested as the basin-wide deep temperature and salinity
changes slowly emerging decades after the beginning of simulations.

Figure 8.20 (a) Mixed layer depths (in metres) as simulated by NEMO-LIM3, their departure from the
observed climatology of de Boyer Montégut et al. (2004) (b) and differences between LIM3 and LIM2
(c, f). Plots represent March averages in the Northern Hemisphere (NH) calculated from 2003–2012.
Mixed layer depths are based on the potential density threshold value difference of 0.03 kg m '3 from
the density value at 10 m depth. In (a, d), thick black lines show the observed sea-ice edge as the 15%
isopleth of Meier et al. (2013) sea-ice concentration

8.3.4 Time scales from operative to long-term – seasonal, decadal and climatic
It should be noted that the sea-ice results, such as the ones presented in the previous section, are likely
to depend on the ocean-ice model resolution, both in horizontal and vertical. We used the tripolar
ORCA1 grid, which has a nominal resolution of 1° that increases poleward as the cosine of the latitude
(being finer than 50 km at high latitudes). Due to this, our model resolution is not high enough to resolve,
for example, mesoscale ocean eddies, which are responsible for many crucially important transport
processes of the global ocean circulation (e.g. Farneti et al. 2015). To resolve the ocean meso-scale
would require at least ten times better horizontal resolution especially in the polar oceans (Hallberg
2013). climate models with corresponding ocean-ice resolutions will be employed for a long time, for
example in the Coupled Model Intercomparison Phase (CMIP) experiments.
Another shortcoming in our model simulations is their length.

8.3.5 Coupling with the ocean and atmosphere
For coupling CICE to the atmospheric model (UM), a special thermodynamic configuration is enforced
because of the implicit boundary layer scheme used in the UM over sea-ice. The UM atmospheric
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boundary layer scheme involves the direct calculation of sea-ice or snow surface temperature, and
therefore for compatibility, CICE is not allowed to use its layered thermodynamics scheme and compute
surface temperatures. Therefore, as in the Met Office HadGEM3(r1.1) model (Hewitt et al. 2011), CICE
in the ACCESS model uses a so called zero-layer thermodynamic model (Semtner 1976), which is a
simplified form of the layered sea-ice thermodynamic model with no heat storage at all, except the latent
heat associated with ice formation. In addition, because of coupling to the UM, CICE employs a
simplified sea-ice albedo parameterization, where fixed albedo values are set in the UM radiation code
for dry snow, wet melting snow and bare ice, with a reduction dependent on temperature near the melt
point to simulate melt ponds. Whilst ACCESS1.0 uses the ‘default’ settings of albedos from the Met
Office HADGEM2 (r1.1) model, ACCESS1.3 uses slightly larger values based on observations of
Pirazzini (2008). This is for the purpose of enhancing the simulated ice thickness in the central Arctic
and in the Southern Ocean, which was found to be excessively thin in ACCESS1.0. However, this causes
excessively thick ice next to the Antarctic continent that does not melt out each summer (see Fig. 12).
Values of the thermodynamic and dynamic parameters used in the ACCESS-CM CMIP5 experiments
are listed in Table 3.

8.3.6 Initialization and data assimilation
As a standard practice in forced ocean-ice simulations, the mean sea level controls were used to prevent
the unrealistic drift of the sea surface height due to freshwater boundary forcing distorted by errors in
precipitation, evaporation and river runoff (Griffies et al. 2014). Specifically, this was done by setting
values nn_fwb=2 and nn_ssr=.true. in the NEMO namelist. The nn_fwb parameter is used to reset the
freshwater budget, evaporation minus precipitation minus river runoff, and nn_ssr enables the restoring
of sea-surface salinity (SSS). Following the default ORCA1 NEMOv3.6 configuration, the SSS
restoring rate was set to -100 mm/day towards the Polar Hydrographic Climatology version 3 (PHC3)
SSS monthly climatology (Steele et al. 2001).
NEMO-LIM simulations started from the state of no motion in January 1958, with initial conditions for
sea temperature and salinity derived from here the sea surface temperature was below 0°C. The initial
snow thickness was set to 0.3 m in LIM3 for both hemispheres, while in LIM2 it was 0.5 m in the Arctic
and 0.1 m in the Antarctic. For both simulations, the initial sea-ice concentration was set to 90% where
the sea surface temperature was below 2°C, except for LIM2 in the Northern Hemisphere, where the
initial sea-ice concentration was 95%. The ice strength was set to 2!104 (1!104) Nm-2 in LIM3 (LIM2),
while the ocean-ice drag coefficient was 5.0!10"3 and the atmosphere-ice drag coefficient 5.0!10"3 in
both models.
Sea-ice concentration assimilation, SST. Say, ice and snow thickness are coming. Satellite observations
are a limitation. Nudging, 3dvar and 4dvar. List ORA-IP products and basic features. Emphasize their
performance in the polar regions is not yet well known.
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8.3.7 Large-scale atmospheric and oceanic forcing
All the simulations were extended over the period 1958–2012 and forced by the DFS5.2 atmospheric
data set, developed through the DRAKKAR consortium (Brodeau et al. 2010). This data set is based on
satellite observations (monthly precipitations and daily radiative heat fluxes) and combined ERA-40
(before 31 December 2001) and ERA-Interim (from 2002 onward) meteorological reanalysis and
provides 6-hourly air temperature and humidity at the 2 m level, and wind velocity at the 10 m level
(Uppala et al. 2005; Dee et al. 2011). Prescribed surface boundary conditions were calculated by using
the CORE bulk formulae proposed by Large and Yeager (2004).

8.4

Performance of sea ice models in simulation of Arctic climate

8.4.1 Performance of CMIP3 and CMIP5 models in simulation of observed sea ice:
seasonal cycle, concentration and thickness
Large and rapid changes of the Arctic sea ice in the past few decades have attracted attention to future
sea ice projection in global climate models. Models are the major tool that can answer the question of
future changes of sea ice. But spread in sea ice evaluation of the present climate and projection in the
21st century is considerable, and this arises from three major sources: model uncertainty, internal
variability, and projected scenario. Understanding the causes of this spread in sea ice cover and its
subsequent reduction remains an important step towards more reliable climate change projections.
8.4.1.1 Observation and model simulations
The issue of great importance is comparison of observation with model simulation. Overland and
Wang (2013) noted that global climate models were often run several times, which are referred to as
ensemble members, with slightly different initial conditions to simulate a possible range of internal
variability in addition to steady increasing greenhouse gas forcing. Data records, in contrast, are a
single realization of a range of possible climate states. Thus, it is not completely valid to compare the
ensemble mean of a model or several models, which could be considered, as expected value of the
climate state, with the single realization of the climate system. Therefore, Overland and Wang (2013)
suggested that a better approach would be to look at the range of ensemble members and to determine
if the observed time series could be considered, as a possible member of the population of ensemble
members. The question to be answered whether the observed rapid loss of sea ice in the real climate is
consistent with model ensemble members showing the fastest rate of loss and when the summer Arctic
will be nearly sea ice free. They assumed that some sea ice would remain as a refuge north of the
Canadian archipelago and Greenland at the end of summer. In addition, taking into account that
estimates of sea ice extent with satellite sensors using different retrieval algorithms is taken as large as
1&106 km2, this value is suggested as a transition point for nearly ice-free condition.
8.4.1.2 Model simulation of sea ice extent
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The assessment of sea ice extent is based mainly on the model runs participated in the WCRP Coupled
Model Intercomparison Project Phase 3 (CMIP3) and Phase5 (CMIP5). Description of the physical
processes implemented in models and results of evaluation have been presented in numerous papers
and special reports (e. g., IPCC 2007; 2013). Comparing CMIP3 and CMIP5 models with observation,
it is noteworthy to mention that important refinement in many CMIP3 models was account of dynamic
processes attributable to wind and ocean currents. However, there is no significant difference of sea
ice components in CMIP3 and CMIP5 models in general, and at first appearance cumulative picture of
sea ice distribution obtained from CMIP5 ensemble does not defer essentially from appropriate
distribution in CMIP3 ensemble (Overland and Wang 2013). However, sea ice differences between
CMIP3 and CMIP5 ensembles reveals that CMIP5 generates not so many ice cover as CMIP3 in the
Arctic except for its North Atlantic sector. In spite of essential differences between CMIP5 models
ensemble sea ice distribution is in good agreement with observation. The mean ensemble sea ice area,
evaluated as sea ice in grid box with concentration not less than 15%, differ from observation by about
1&106 km2 in cold season over the Arctic at large. It is worthwhile noting that some models reproduce
regional patterns of sea ice unsatisfactory, even if total sea ice area can be close to observation. In
general, CMIP5 ensemble generates sea ice area better than CMIP3 ensemble, particularly in warm
season. Further refinement in simulation of rate of sea ice decline and timing of seasonally ice free
Arctic Ocean has been cited as a “grand challenge” of climate science in forthcoming decades
(Kattsov et al. 2010).
Pavlova and Kattsov (2013) examined biases in current and projected Arctic sea ice simulated by
ensembles of CMIP3 and CMIP5 models. Each ensemble incorporates only one run from every model
simulation without discrimination. Computed sea ice extent was compared with archives of Hadley
Centre for Climate Prediction and Research data set (HadISST) (Rayner et al. 2003) and National
Snow and Ice Data Center (NSIDC) (Fetterer et al. 2002). Composite picture of seasonal sea-ice extent
from CMIP5 ensemble comprising 42 members for the new IPCC reference period (1986-2005) points
out significant spread of sea-ice distribution in the models (Fig. 8.21). But median position of seasonal
sea-ice boundary (i. e., location of the boundary is defined where half ensemble members have ice
concentration in the grid sell not less than 15%) is fairly agree with observation (Pavlova and Kattsov
2013).
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Fig. 8.21 Distribution of sea ice in February (on the left) and September (on the right) calculated in 42
CMIP5 models for the period 1986-2005. Number of models with sea ice concentration not less than
15% is presented in color for each latitude-longitude grid box 1°&1° subject to colour scales. Observed
boundary of sea ice with concentration not less than 15% (red line) for the period 1986-2005 were
obtained from archive HadISST (Rayner et al. 2003)
To ascertain progress of model performance in sea ice simulation over recent decades, it is of interest
to compare results of CMIP3 and CMIP5. The comparison is complicated to some extent because of
differences in ensemble members and number of modeling groups involved in two CMIP
intercomparison phases. Fig. 8.22 reveals that the Arctic September sea-ice extent simulated by
CMIP5 ensemble is closer to observation for the late 20th century relative to CMIP3 ensemble average.
However, CMIP5 inter-model spread which defines uncertainty in sea ice simulations does not appear
to have appreciably reduced as compared to the spread in CMIP3 models. At the same time the CMIP5
ensemble members reproduce a good fit of seasonal sea ice distribution to observation (Fig. 8.23). The
ensemble mean sea ice area differs from observation not more than 10% in winter and spring and
virtually in good agreement with observation in two other seasons (Pavlova and Kattsov 2013). The
large inter-annual variability that can be seen in the observations is also present in different CMIP5
ensemble members. However, regional sea ice distribution is simulated poorly by some models even if
total sea ice area is in agreement with observation.
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Fig. 8.22 Sea ice area over the northern hemisphere in September 1980-2005 computed in CMIP3 and
CMIP5 models and derived from observation. Mean CMIP3 ensemble (blue line) was computed from
12 members, mean CMIP5 ensemble (red line) was computed from 37 members. Observations were
taken from HadISST and NSIDC archives. Light blue and yellow shadings denote inter-annual
standard deviation of sea ice in CMIP3 and CMIP5

Fig. 8.23 Seasonal variation of sea ice cover (km2) in the Northern Hemisphere (sea ice area with
concentration greater than 15%) for the 1980-1999 period obtained from 42 CMIP5 models (red line),
17 CMIP3 models (blue line) ) and from observations: HadISST (Rayner et al. 2003) (intermittent
black line), NSIDC (Fetterer et al. 2002) (solid black line) and NASA, (Comiso and Nishio 2008)
(dotted black line). Shaded areas correspond to standard deviation of ensemble members from
ensemble mean in CMIP5 (yellow) models and CMIP3 (blue) models
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Recently several studies have addressed to assessment of downward trend of sea ice extent simulated
by the CMIP3 and CMIP5 models in Arctic with particular attention to September (Comiso and Nishio
2008; Mahlstein and Knutti 2012; Stroeve et al. 2012; Wang and Overland 2012; Pavlova and Kattsov
2013). According to observed data from NSIDC the linear rate of sea ice decline in the Arctic for
September is 13.3% per decade relative to the mean sea ice extent for period 1981-2016. Ensemble of
CMIP3 models exhibit essentially less rate of sea ice decline and this issue was at length discussed in
several other studies (Rampal et al. 2011; Stroeve et al. 2007, 2012; Winton 2011; Zhang 2010).
CMIP5 ensemble consisting of 37 models reproduces September sea ice trend which is in better
agreement with observation than ensemble of 12 CMIP3 models (Pavlova and Kattsov 2013).
However, most CMIP5 models underestimate downward trend of ice extent in September, and only
about quarter models produce larger downward trend relative to observation (Fig. 8.24). Furthermore,
results from the CMIP5 models do not appear to have appreciably reduced uncertainty as to when a
seasonally ice-free Arctic Ocean will be attained. Nevertheless, CMIP5 arrives at a seasonally ice-free
Arctic sooner than CMIP3, leading to the conclusion that a seasonally ice-free Arctic Ocean within the
next few decades is a distinct possibility. It was also revealed that some runs performed with the same
model demonstrate large inter-annual variation of sea ice extent pointing out at significant inherent sea
ice variability generated by CMIP5 models in the late 20th century and early of 21st century (Zunz et al.
2013).
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Fig. 8.24 Linear trend of sea ice area for the 1979–2012 period (in % from mean value for the 1979–
2000 period) in September of the Northern Hemisphere derived from 37 CMIP5 models (blue) and
from observation NSIDC (black) (Fetterer et al. 2002)
Among potential reasons of conservative response of CMIP3 models to external forcing might be
inadequate knowledge of natural variability of climate system which is manifested in observation and
were not reproduced properly in climate models (Kattsov et al. 2010). For instance, Notz et al. (2013)
concluded from analysis of ensemble runs with MPI-ESM model that variability of climate system
may be reproduced in certain realizations with sea ice trends in the Arctic within the 29-year period
(since 1979) which differ even at sign against background of the global warming. Stroeve et al. (2007)
assumed that the effects of greenhouse gas increases and the sensitivity of the Arctic sea ice to
warming are greater than the models suggested. Boé et al (2010) indicate that inter-model spread in
evolution of September sea ice extent in Arctic stem mainly from two factors: the initially prescribed
climatology of sea ice thickness distribution, and the treatment of regional physical processes and
associated feedback mechanisms. The roles of these two factors evolve over the course of the 21st
century. They suggest that the sea ice thickness distribution is the most important factor in current
trends and those of coming decades, accounting for roughly half the inter-modal variations in
September sea ice extent trends. Then, its role progressively decreases, so that around the middle of
the 21st century the regional climate feedback mechanisms become the dominant factor.
8.4.1.3 Sea ice assimilation system
The numerical assimilation of observations provides another way of estimating sea ice volume and
thickness using a coupled ice-ocean model and simulating the thermodynamic and dynamic processes.
Currently sea ice volume is computed by means of Pan-Arctic Ice-Ocean Modeling and Assimilation
System (PIOMAS) developed at the Polar Science Center, University of Washington (Zhang and
Rothrock 2003). PIOMAS data provides the thermodynamic and spatial consistency, temporal length,
and completeness of the data, and these are important considerations when computing climatology and
variances, as the longest time series possible is needed to validate the climate model simulation.
For the ice volume computation, ice concentration from the NSIDC near-real time product (Comiso
and Nishio 2008) and SST data from the global daily high-resolution analyses using satellite and in
situ observations in the ice-free areas (Reynolds et al. 2007) are assimilated using the ice-ocean model.
The model is driven by atmospheric forcing which consists of surface winds, surface air temperature,
humidity, downwelling longwave and shortwave radiative fluxes, precipitation, and evaporation
specified from the NCEP/NCAR reanalysis. The ice model provides surface heat, fresh water, and
momentum fluxes to the ocean as ocean surface boundary conditions. In turn, the ocean model
supplies current and heat fluxes to the ice model. The Arctic Ocean model is forced with input from a
global ocean model at its open boundaries located at 45° N. Comparisons of the model estimates of the
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ice thickness with observations promote current understanding of the processes represented in the
model that are important for sea ice formation and melt.
PIOMAS has been extensively validated through comparisons with observations from US-Navy
submarines, in situ thickness measurements, and ICESat retrieved ice thickness. In addition, model
sensitivity studies were performed in which model parameters and assimilation procedures have been
further refined (Schweiger et al. 2011). Several studies indicate that PIOMAS ice thickness agrees
within the established uncertainty limits with in situ observations, submarine, airborne and satellites
measurements (Lindsay and Schweiger 2013; Laxon et al. 2013).
The model mean annual cycle of sea ice volume over the period 1979-2015 ranges from 28,000 km3 in
April to 11,500 km3 in September. The observed thickness patterns and magnitudes generally compare
well with those simulated by PIOMAS, providing confidence that PIOMAS can be used to assess the
ice volume and thickness trends in climate models. For instance, Schweiger et al. (2011) found biases
in PIOMAS of 0.26 m in autumn and 0.1m in spring when compared with ICESat although the spring
bias is within the range of uncertainties. The ice thickness is most variable around the edge of the ice
pack and especially near land.
Further analysis also revealed a general negative thickness bias in PIOMAS for higher thickness
values (found near the Canadian Archipelago and north of Greenland). The reverse tends to be true for
areas of thin ice. Such systematic differences may affect long-term trends in thickness and volume. In
addition, PIOMAS tends to have a tongue of thicker ice (around 2.5 m) that stretches out across the
Arctic Ocean to the Chukchi and East Siberian seas (Fig. 8.25). The observations typically do not
depict this feature, especially the ICESat record. PIOMAS also underestimates the ice thickness in the
East Greenland Sea. The underestimation of thick ice and overestimation of thin ice by PIOMAS was
noted by Schweiger et al. (2011). In general, the mean errors are smallest with respect to the
submarine and ICESat data and are largest for the IceBridge, CryoSat and ERS-1 data. PIOMAS
spatial thickness patterns also agree well with ICESat thickness estimates with pattern correlations of
above 0.8. Based on data comparisons and sensitivity studies, Schweiger et al. (2011) estimated an
upper bound for the uncertainty of PIOMAS trends of 1&103 km3/decade in October. Given the large
observed volume trend of 2.8&103 km3/decade in March, PIOMAS is considered as a suitable tool for
assessing long-term trends in CMIP5 models. As an example, Fig. 8.26 shows evolution of ice
thickness distribution in the Arctic Ocean for September 1979 and 2016 computed with PIOMAS
assimilation system (Zhang and Rothrock 2003).
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Fig. 8.25 Spatial patterns of sea ice thickness (m) derived from PIOMAS assimilation system for
March 1981-2010 (Stroeve et al. 2014)

Fig. 8.26 Monthly ice thickness distribution in September 1979 (a) and September 2016 (b) as
computed with PIOMAS developed at the Polar Science Center, University of Washington (Zhang and
Rothrock 2003). http://psc.apl.uw.edu/research/projects/arctic-sea-ice-volume-anomaly/piomasmonthly-thickness-map
Examination of the heat energy budget in the Arctic Ocean shows that the solar and terrestrial
radiation are the major components governing the climate system in the polar region. According to
PIOMAS calculation, the Arctic had been losing 280 km3 of sea ice annually in 1979-2010. The
energy required to melt such volume of sea ice corresponds to about 0.4 W/m2 (Stroeve et al. 2014). In
another estimate, Kwok and Untersteiner (2011) pointed out that surplus forcing of 1 W/m2 was
required in Arctic Ocean to cause the observed thinning of the ice during the past half century. For
example, this net surface flux of heat balance over a year is equivalent to melting of about 0.1 m at its
melting point (Serreze et al. 2007). It implies that uncertainties in the heat balance measurements do
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not make possible to resolve the heat fluxes to an accuracy required to attribute the surplus of the heat
to any particular source or mechanism that explains the observed ice loss.
8.4.1.4 Model simulation of sea ice thickness
The accelerated decline of sea ice extent since 1990s has been accompanied by thinning of ice
thickness (volume) decrease and transition towards younger ice cover in the Arctic Basin. Arctic sea
ice volume is an important component of climate system. Unlike sea ice extent, sea ice volume is more
directly related to the energy budget because a loss or gain of sea ice volume represents a specific
change in latent heat (Schweiger et al. 2011). Moreover, observations for period 1980-2015 clearly
show that the decline in Arctic sea ice volume exceeds the decline in sea ice extent on a percentage
basis by as much as a factor of 2.4, thus making ice volume a more sensitive climate indicator than ice
extent (Fig. 8.27).

Fig. 8.27 Time variation of sea ice volume (red line) and sea ice area (blue line) for March in the
Arctic Ocean (in %) relative to corresponding mean values over period 1979-2010. Linear trends for
sea ice volume and area are denoted by dash lines
Comprehensive reviews of observation on ice thickness from submarines, satellites, in situ
measurements and by use of assimilation system have been provided in several studies (e.g., Rothrock
et al. 2008; Holland et al. 2008; Schweiger et al. 2011; Stroeve et al. 2014; Zhang and Rothrock 2003;
Kwok and Rothrock 2009). Rothrock et al. (2008) examined available sea ice draft from 34 cruises of
U.S. submarines covering 38% of the Arctic Ocean in spring and autumn 1975-2000. The data
included 2203 values of mean draft (93% of ice thickness) ranging from no ice to 6 m thick and
representing average over a nominal length of 50 km. They found that the annual mean ice thickness
averaged over domain of submarine cruises accounts for 3.21 m. The annual amplitude of the ice
thickness was 1.12 m, and the phase of annual cycle was consistent with other observations and sea ice
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models. The remarkable decline of annual mean ice thickness occurred from a peak of 3.68 m in 1980
to a minimum of 2.46 m in 2000 in a major portion of the perennially ice covered Arctic Ocean. Large
inter-annual variability of the ice thickness rate was also revealed in the central Arctic Ocean.
Sea ice extent has been successfully measured from space for the past several decades using passive
microwave instruments. However, long-term records of sea ice thickness are much more difficult to
determine. In situ measurements of ice thickness are sparse in time and space, yielding a poor
sampling of the spatial and temporal variation. Satellite-based retrievals of ice thickness using
RADAR or LIDAR altimeters have recently become available but their record is still relatively short
and the retrieval techniques are subject to a variety of bias (Giles et al. 2008; Kwok et al. 2009).
A major difficulty in evaluating thickness distributions in climate models is the lack of consistent and
uniformly distributed observation throughout a sufficiently long time period. Besides, the thickness
records from in situ moorings and submarine, aircraft and satellite-borne instruments are not
sufficiently homogenous to evaluate thickness trends over the whole the Arctic Ocean.
Holland et al. (2008) examined sea ice mass budgets from 14 CMIP3 climate models for late the 20th
century and projected changes through the 21st century. The annual sea ice mass budget climatology
was evaluated for the individual models and for the multi-model ensemble mean during the historical
period 1980-1999. It was shown that the ensemble mean melt season occurs from June to October. But
large inter-model scatter in the mass budget was revealed in simulation of the current climate due to
apparently differences in the parameterization of physical processes and spatial resolution. The length
of the melt season varies from three to five months, and in some models extends even into November.
While these differences may result from many reasons, Holland et al. (2008) suggested that variation
in the absorbed solar radiation among the models appeared to be the most important factor. The net
transport of ice out of the Arctic, while generally a smaller term in the mass budget climatology, is
also highly variable across the models. This scatter is related most strongly to inter-model variations in
the ice thickness.
Over the 21st century, all CMIP3 models show a decrease in ice volume resulting from increased
annual net melt, partially compensated by reduced ice loss via transport to lower latitudes. The
magnitude and relative importance of the ice melt and growth terms that determine the net value
nevertheless vary considerably. Models with thicker initial sea ice generally have larger ice mass loss.
Additionally, the relative balance of changes in ice melt and growth are strongly associated with the
evolving late-summer extent. Models with larger increases in net ice melt are typically those with
larger increases in absorbed shortwave radiation and larger increases in the incident longwave flux.
A number of factors appear to govern how the changing sea ice mass budgets translate into reductions
in September ice extent. Models with initially thicker, more extensive ice cover generally retain more
extensive summer sea ice throughout the 21st century even though they simulate larger increases in net
56

ice melt. A number of models that have fairly thick initial ice cover help to explain the slower
simulated decline in ice extent relative to observations (Stroeve et al. 2007). Important is also the
simulated thickness distribution. Models with smaller summer ice retreat per meter of mean ice
thickness loss typically have a larger spread in the spring ice thickness distribution, suggesting a
stabilizing effect by thick ice regions. Holland et al. (2008) pointed out that obtaining reasonable 21st
century projections of Arctic sea ice conditions, including the timing at which a seasonally ice-free
ocean might be realized, requires reasonable simulations of at least: present day ice conditions,
including extent and the spatial distribution of ice thickness; the evolving surface energy budget and
its consequent influence on the sea ice mass budget; the change in ice area per ice thickness change.
Projected onset of seasonally ice-free conditions also depends on uncertainties in the external forcing
used to drive the models (e.g. the scenario of greenhouse gas concentration change and timing of
future volcanic eruptions).
The mean and spatial distribution of annual mean ice thickness over period 1980-1999 varies
considerably among the models (Holland et al. 2008). Available observations show that the thickest
ice lies north of the Canadian Arctic Archipelago (exceeding 4 m with thinner ice along the Eurasian
side of the Arctic Ocean (2 m or less). Many models show only small spatial gradients in ice thickness.
Others exhibit regions of thinner and thicker ice cover, but not in the right locations compared to
observations. As a result of this scatter, the spatial distribution of thickness in the multi-model mean is
unrealistically flat. The largest scatter is in the Barents Sea, where models range from ice-free
conditions to 2–3 m thick and extensive sea ice.
Bitz (2008) considered spread in the decline of Arctic sea ice thickness simulated by CMP3 climate
models and came to similar conclusion that it can be associated with the differences in the ice
thickness in the present-day climate. The mean sea ice thickness north of 70° N in CMIP3 models
ranges from less than 1 m to more than 3 m in the late 20th century. He found that the rate of sea ice
thinning in the 21st century in these models strongly depends on ice thickness in the late 20th century,
such that models with above mean thickness thin faster than average. Furthermore, the mean ice
thickness north of 70°N across the CMIP3 models is highly correlated with the September ice extent,
and therefore strongly influences early winter surface temperatures. Because sea ice thickness change
depends on the mean state, bias in model climatology gives rise to bias in future predictions of ice
thinning and extent.
Bitz (2008) believes that the strength of ice albedo feedback was probably not a major source of
spread for ice thinning in future predictions because its impact on ice thickness is rather small. Instead
the spread in the mean state has a much larger influence on spread in the thickness change. However,
he indicated that the reason why the models have so much spread in the mean state remains unclear.
One explanation of such bias might be associated with the summertime atmospheric energy fluxes and
the surface albedo in particular (DeWeaver et al. 2008).
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Boé et al. (2010) pointed out that in most CMIP3 models trends in sea ice extent are very small in
thick ice areas while large trends are seen in thin ice areas. Thin ice areas are more sensitive to a given
increase in radiative forcing because a smaller volume of ice must be melted to achieve the same loss
of ice covered area as in thick ice areas. In addition, areas of thin ice have a greater susceptibility to
albedo feedback (Holland et al. 2006). Biases in a particular model that lead to excessive sea ice
thickness in the present climate may impact the future climate, potentially slowing sea ice loss. Given
the strong relation between September sea ice extent trends and the baseline sea ice thickness
distribution throughout the seasonal cycle in the CMIP3 models, Boé et al (2010) suggested that the
underestimation of present-day trends by most models is highly probable due to an unrealistic baseline
sea ice thickness distribution. Most models probably underestimate the proportion of very thin ice in
September, a reflection of an unrealistic seasonal cycle of sea ice thickness. Efforts to validate and
improve sea ice thickness distribution must therefore address the entire seasonal cycle of sea ice
holistically.
Stroeve et al (2014) examined biases in current Arctic sea ice thickness from the CMIP5 models
making use of observations from submarines, aircraft and satellites. The sea ice thickness simulated by
the CMIP5 models was evaluated from aggregation all available data across the Arctic including
PIOMAS data (Zhang and Rothrock 2003; Schweiger et al. 2011).
The sea ice thickness and volume from 33 CMIP5 models were evaluated through comparisons with
observed records of sea ice thickness and ice volume simulated by PIOMAS. Both the historical
(1850–2005) and projected data sets (2006–2100) for RCP4.5 scenario were used in estimates (Taylor
et al. 2012; IPCC 2013). To evaluate trends in ice volume using PIOMAS records, March ice volume
was calculated for each model ensemble member corresponding to the domain of the PIOMAS
estimates.
While uncertainties regarding sea ice thickness are not as well-quantified as ice extent, it was found
that the CMIP5 models show a general thinning and reduction in ice volume and this is in agreement
with observations. Linear negative trends of sea ice volume for March based on the 1979-–2013 period
from 33 CMIP5 models is smaller magnitude (–1.95&103 km3/decade) than from PIOMAS (–2.80&103
km3/decade), but within the uncertainties of the PIOMAS estimates. It was also noted that although the
Arctic Ocean ensemble mean ice volume and trend was strikingly similar to those of the PIOMAS,
there are large spread among models. Furthermore, while mean thickness and volume for the Arctic
Ocean as a whole appear well represented by most models, spatial patterns of sea ice thickness are
poorly represented.
Several techniques have been suggested for selection of models based on different metrics of model
performance during the historical time period, with the aim of reducing uncertainty as to when an icefree Arctic may become a reality (e.g., Wang and Overland 2012; Boé et al. 2009; Massonnet et al.
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2012). It appears that even if a model captures extend of the seasonal cycle, or trends in extent and/or
volume, the model may still represent the prevalent atmospheric circulation patterns and thickness
distributions poorly. It was shown that a model may show the trend in ice volume or ice extent
reasonably well, yet to fail to locate the thicker ice north of Greenland and the Canadian Archipelago.
Several bias corrections (Boé et al. 2009; Mahlstein and Knutti 2012) have been proposed and applied
to sea ice extent. Melia et al., (2015) proposed the bias correction technique that significantly reduces
bias in CMIP5 simulations of ice thickness using the PIOMAS reanalysis. The historical simulations
of climate by six CMIP5 models are used for the 1979–2005 period. Ensemble simulation for
September sea ice thickness in historical period shows considerable differences between the model
simulations indicating that model bias is likely to be the dominant uncertainty in near-term
projections. It is assumed that observation over 36 years captures a representative sample of the
behavior of the climate system. From the mid-century onwards, scenario uncertainty becomes
increasingly important.
Application of sea ice correction results in internal variability being the dominant source of
uncertainty in the first decade of model simulation. It was shown that projected September ice-free
conditions in the Arctic under radiative forcing scenario RCP8.5 (Taylor et al. 2012; IPCC 2013)
would occur up to 10 years earlier (2050s) than without the bias correction.
In another study, climate simulation using ensemble of CMIP5 models (30 members) and two
scenarios of the radiative forcing (RCP4.5 and RCP8.5) showed large inter-model spread in time
variation of sea ice volume over initial period of model runs in the Arctic (Song 2016). Furthermore,
in the course of model runs persistent decline of ice volume is accompanied by fast decrease of its
inter-model spread. This is caused by decrease of proportion of multi-year ice with larger spread of sea
ice thickness at the initial stage of model runs and subsequent increase of proportion of one-year ice
which thickness has less spread among models because of the growth constrain in the annual cycle.
Melia et al. (2015) pointed out that the bias correction technique resulted in a significant improvement
in model simulations of sea ice thickness with respect to observations. This potentially has important
implications for stakeholder sectors operating in Arctic waters such as the shipping industry. The
application of the bias correction results in a 60% reduction in the likely range (16–84 %) of sea ice
volume in September 2025.

8.4.2 Sea ice data for validation of climate models
To evaluate performance of climate models in simulation of sea ice seasonal cycle and its variation on
inter-annual and longer time scales, a comprehensive data are required. Sea ice extent and thickness
are two most valuable climate variables which are needed for validation of current climate models.
While ice extent is well measured by satellite, ice thickness data has been and remains a challenge.
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This is because the existing observations of ice thickness span a variety of methods, accuracies, and
temporal and spatial scales and are archived in a variety of locations and in different formats. Each has
its own strengths and weakness in terms of sampling or accuracy. The uncertainties are documented to
various levels of detail for the different data sources but the documentation in general is spread
throughout the literature (e.g., Fetterer et al. 2016; Laxon et al. 2003; Lindsay and Schweiger 2013;
Rayner et al. 2003, updated; Schweiger et al. 2011; Stroeve et al. 2014; Zhang and Rothrock 2003).
The sea-ice observed data used widely for model validation are briefly summarized in this section.
The National Snow and Ice Data Center (NSIDC) produces several sea ice data sets derived from
passive microwave sensors (Fetterer et al. 2016). The most relevant data for model validation is
monthly and daily fields of sea ice concentration at 25 km spatial resolution derived from Scanning
Multichannel Microwave Radiometer (SMMR) and Special Sensor Microwave/Imager (SSM/I)
brightness temperatures. The data are derived from the NASA Team sea ice algorithm (Cavalieri et al.
1996; Meier et al. 2006). A threshold of 15 percent concentration is applied to the monthly
climatology fields. Monthly sea ice concentration and extend are available from January 1979 to
present. The monthly sea ice index also provides monthly images of sea ice concentration, anomaly
and trend concentrations. Monthly images show sea ice extent with an outline of the 30-year (1981–
2010) median extent for that month.
The Met Office Hadley Centre's sea ice and sea surface temperature (SST) data set, HadISST1,
replaces the Global Sea Ice and Sea Surface Temperature (GISST) data sets, and is a unique
combination of monthly globally-complete fields of SST and sea ice concentration on one degree
latitude-longitude grid from 1870 to the present.
From May 2007, the data set of in situ measurements used in HadISST has changed. The MOHSST
data set which was previously used has been discontinued, and HadSST2 is now being used in its
place. The two systems ran in parallel for several months prior to the changeover and no significant
differences were seen (Rayner et al. 2003).
The Pan-Arctic Ice-Ocean Modeling and Assimilation System (PIOMAS) provides
thermodynamically consistent set of key ice and ocean variables. Currently monthly fields produced
by assimilation system are available from January 1979 to the present for the following cryospheric
variables: sea ice thickness, ice growth rate, ice melt tendency due to ocean heat flux, snow depth
(water equivalent) and some others (Zhang and Rothrock 2003; Schweiger et al. 2011).
Ice thickness estimates from submarines and other platforms have been collated and processed into a
consistent format to produce the Unified Sea Ice Thickness Climate Data Record (Lindsay and
Schweiger 2013). An archive version of the submarine data is updated annually in the University of
Washington, Polar Science Center and is also hosted by NSIDC (Lindsay and Schweiger 2013).
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Unlike submarine sonar, satellite and aircraft radar and laser altimeters measure the height of bare ice,
snow-covered ice and snow surfaces above the ocean surface, depending on instrument characteristics
and surface conditions. By identifying leads between the ice floes, the freeboard (the height of the
snow or ice surfaces above sea level) can be derived.
Laxon et al. (2003) retrieved ice thickness from the radar altimeter on board the ERS-1 satellite and
assessed changes sea ice thickness from 1993 to 2001 in some areas of Arctic up to latitude 81.5° N.
The ice thickness is provided as a single mean field averaged from 1993 to 2001 for the month of
March.
ICESat (Ice, Cloud, and land Elevation Satellite) is the benchmark Earth Observing System mission of
NASA for measuring ice sheet mass balance, cloud and aerosol heights, as well as land topography
and vegetation characteristics. From 2003 to 2009, the ICESat mission provided multi-year elevation
data needed to determine ice sheet mass balance as well as cloud property information, especially for
stratospheric clouds common over polar areas. It also provided topography and vegetation data around
the globe, in addition to the polar-specific coverage over the Greenland and Antarctic ice sheets.
ICESat, with its laser altimeter, provided the first thickness data set to cover almost the entire Arctic
Ocean. Thicknesses are derived based on the methodology described by Kwok et al (2009). The
ICESat archive provides 5 years (2004–2009) of gridded fields at a 25 km resolution. Estimates of
thickness extend up to 86° N. Kwok et al (2009) estimate an uncertainty of 0.5m for each 25 km grid
cell.
The NASA Operation IceBridge Mission, initiated in 2009, collects airborne remote sensing
measurements to bridge the gap between NASA's Ice, Cloud and Land Elevation Satellite (ICESat)
mission and the upcoming ICESat-2 mission. Apart from other observations and measurements,
IceBridge mission conducts Arctic sea ice monitoring. IceBridge provides individual tracks of ice
thickness, generally confined to the western Arctic Ocean during March and April from 2009 to
present. Each IceBridge track gives ice thickness estimates at 40m spacing. Details of thickness
retrievals are discussed by Kurtz et al. (2013).
CryoSat is an ESA program to monitor variations in the extent and thickness of polar ice through use
of a satellite in low Earth orbit. The CryoSat-1 spacecraft was lost in a launch failure in 2005, however
the program was resumed with the successful launch of a replacement, CryoSat-2 in April
2010.CryoSat-2 measures freeboard (the difference in height between sea ice and adjacent water) and
changes in ice thickness and with coverage to latitude of 88° N for the first time. The measurement
technique works in autumn, winter and spring, because in summer, melt ponds prevent it from
estimating sea ice thickness.
Laxon et al., (2013) estimated ice volume from CryoSat-2 radar altimeter measurements for the
winters of 2010/11 and 2011/12 and compared the data with earlier ICESat volume estimates and with
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more recent PIOMAS simulations. The CryoSat-2 data showed a pattern of ice thickness similar to
that observed in previous satellite data and submarine climatology (Kwok et al. 2009; Laxon et al.
2003). The pattern of ice thickness from CryoSat-2 was also similar to data from PIOMAS during
winter 2011/12 with a similar winter growth for total ice volume. A comparison of CryoSat-2 with in
situ data showed a varying amount of scatter, depending primarily on the source of the in situ data and,
to a lesser extent, on ice type. Laxon et al., (2013) noted that whether this scatter is caused by errors in
the in situ data, sampling differences, or errors at small scales in assumptions regarding penetration of
the radar into the snow, ice surface geometry, ice/water densities, or snow loading is unknown.

8.4.3 Physical processes contributing to bias in model simulation of sea ice
The decline of Arctic sea ice is one of the most visible signs of climate change over the past several
decades, and the current warming in the Arctic is mainly associated with the global greenhouse gas
increase (IPCC 2013). The Arctic sea ice is very vulnerable to external radiative forcing. The Arctic
region is characterized by very large variability and complicated interactions of physical processes and
feedbacks between the atmosphere, the ocean, and the cryosphere. In addition, climate validation is
hampered by sparse of observations in the Arctic, and this creates large uncertainties in observational
datasets.
Due to large decrease in sea ice extent and thickness which has strong implications for the energy
exchange between ocean and the atmosphere, climate in the Arctic changes significantly. In addition,
positive feedback mechanisms associated with sea ice loss are also key factors driving the Arctic
amplification.
Arctic sea ice extent shows large inter-annual variability due to the numerous reasons, but on longer
time scales the decrease of sea ice extent is approximately linearly related to increase of Arctic surface
air temperature in models and observations. The most CMIP3 and CMIP5 models strongly
underestimate current decline of sea ice extent (Overland and Wang 2013; Pavlova and Kattsov 2013).
This happens due to two factors: underestimation of sea ice loss per degree of local warming, and
underestimation the Arctic amplification (Mahlstein and Knutti 2012). There is also a large spread
among the CMIP5 models in simulation of present-day and projected Arctic amplification. This might
be due to differences in parameterization of inter-related physical processes governing the polar
climate and different spatial model resolution (e. g., Winton 2006; Serreze and Barry 2011; Pithan and
Mauritsen 2014; Meleshko et al 2016). Several driving factors have been identified that contribute to
amplification warming in the polar climate. These are albedo, water vapor, clouds, temperature and
Planck feedbacks. However, issues remain unresolved with regard to quantification of the strength of
the feedbacks and its dependence on seasons and changing sea ice condition.
Sea-ice albedo has long been recognized as a critical aspect of the global heat balance (Manabe and
Wetherald, 1975). During the climate warming more radiation is absorbed in summer months, and
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then it is radiated back to the atmosphere in winter. This leads to an increase in the surface
temperature and further decline of sea ice extent and thinning. In many studies it has been noted that
the models showing a larger global warming agree better with the observed sea ice extent in the
Arctic. It implies that future warming in the Arctic is likely to be near the upper range of some model
projections.
The northward ocean heat transport is an important factor in the simulation of the sea ice extent in the
current general circulation models (Mahlstein and Knutti 2011). Those models that transport more
energy to the Arctic show a stronger warming, in the Arctic and globally. Larger heat transport to the
Arctic, in particular in the Barents Sea, reduces the sea ice cover in this area. The main differences in
the patterns of surface temperature and sea ice concentration are localized over the Barents Sea. This
is a region where surface temperature strongly depends on ocean currents, namely, the North Atlantic
Drift Stream that brings warm surface water to high latitudes. The strength of the northward ocean
heat transport impacts the sea ice cover in this region. Sea ice is a key player, causing a large albedo
feedback, and together with the sea ice thickness feedback leads to a large Arctic warming. The largest
bias in surface air temperature and sea ice concentration is also revealed in this area among the CMIP3
and CMIP5 models.
Some studies revealed dependence of evolution of sea ice extent on ice thickness under anthropogenic
forcing (Holland et al 2006). Bitz (2008) showed that changes in sea ice thickness are larger in models
with thicker present-day ice, but Holland et al. (2008) indicated that although models with thicker
present-day ice generally simulate larger ice volume changes, it translates into only small changes in
sea ice extent in September. They also suggested that differences between simulated and actual
baseline sea ice thickness may contribute to the underestimation of September sea ice extent trends
noted by Stroeve et al. (2007).
Further, Stroeve et al (2014) pointed out that most CMIP3 and CMIP5 models fail to compute the
thickest ice off the coast of northern Greenland and the Canadian Arctic Archipelago and thinner ice
over the East Siberian Shelf. They believe that deficiencies are apparently associated with
representation in models of the prevailing atmospheric circulation over the Arctic Ocean. This is a
critical point as projections of ice extent are strongly related to the initial ice thickness pattern
distribution. Stroeve et al (2014) indicated that even if a model captures the seasonal cycle of ice, or
trends in extent and/or volume, the model may still represent the prevalent atmospheric circulation
patterns and thickness distributions poorly. In other words, a model may show the trend in ice volume
or ice extent reasonably correctly, yet to fail to locate the thickest ice north of Greenland and the
Canadian Archipelago.
The dynamics of sea ice cover is determined by wind and, to a lesser degree, by ocean currents.
Although studies clearly show that multi-year ice loss in the Arctic Ocean has occurred by melting
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during the past decade (Kwok and Cunningham 2010) the relative contributions of melt and export to
the loss remains uncertain. Although most global climate models include simulation of ice dynamics,
proper interpretation of their results is confounded by uncertainties in the simulated atmospheric and
oceanic forcing of the ice cover. At present, it is difficult to identify the actual role of sea ice dynamics
in the projected ice behaviour.

8.5 Summary of future scenarios
Outcome of sea ice climate model predicts drastic changes in Arctic sea ice conditions in future that
will imply major consequences to Arctic Ocean environment. As current advanced sea-ice models can
reproduce large-scale characteristics and evolution of observed Arctic sea ice, their predictions are
skilful and can therefore be considered reliable in a probabilistic sense. However, the skill assessment
is significantly restricted due to limited long-term observational data, mainly consisting of sea-ice
concentration observations during the satellite era. Hence, the importance of new observations, such as
sea-ice thickness and velocity, and the utilisation of data assimilation and reanalysis are emphasised to
improve the model validation procedure.
The current assessments of sea ice simulations are mainly based on the model runs participated in the
CMIP3 and CMIP5 projects. It was found that CMIP5 generated less ice cover as compared to CMIP3
in the Arctic except for its North Atlantic sector. The September sea-ice extent simulated by CMIP5
ensemble is closer to observation for the late 20th century relative to CMIP3 ensemble average.
However, CMIP5 inter-model spread in sea ice cover does not appreciably reduce as compared to that
in CMIP3 models. Most CMIP5 models underestimate downward trend of ice extent in September,
and only about quarter of models produce larger trend relative to observation. Furthermore, the CMIP5
models do not reduce uncertainty as to when a seasonally ice-free Arctic Ocean will be attained. They
show that a seasonally ice-free Arctic Ocean within the next few decades is a distinct possibility.
While uncertainties regarding sea ice thickness are not as well-quantified as ice extent, the CMIP5
models show a general thinning and reduction in ice volume, in agreement with observations. Several
studies indicate that the observed thickness patterns and magnitudes generally compare well with
those simulated by PIOMAS, assuming that PIOMAS can be used to assess the ice volume and
thickness trends in climate models. Observations for period 1980-2015 clearly show that the decline in
Arctic sea ice volume exceeds the decline in sea ice extent on a percentage basis. The mean and spatial
distribution of annual mean ice thickness vary considerably among the models. As a result of this
scatter, the spatial distribution of thickness in the multi-model mean is unrealistically flat. Although
the ensemble mean of sea ice volume and trend is strikingly similar to those of the PIOMAS, there is
large spread among models. While mean thickness and volume for the Arctic Ocean as a whole appear
well represented by many of the models, spatial patterns of sea ice thickness are poorly represented.
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